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Abstract
A novel high pressure column ﬂow reactor was used to investigate the evolution of solute chemistry along a 2.3 m ﬂow path
during pure water- and CO2-charged water–basaltic glass interaction experiments at 22 and 50 °C and 105.7 to 22 bars partial
pressure of CO2. Experimental results and geochemical modelling showed the pH of injected pure water evolved rapidly from
6.7 to 9–9.5 and most of the iron released to the ﬂuid phase was subsequently consumed by secondary minerals, similar to
natural meteoric water–basalt systems. In contrast to natural systems, however, the aqueous aluminium concentration
remained relatively high along the entire ﬂow path. The aqueous ﬂuid was undersaturated with respect to basaltic glass
and carbonate minerals, but supersaturated with respect to zeolites, clays, and Fe hydroxides. As CO2-charged water replaced
the alkaline ﬂuid within the column, the ﬂuid brieﬂy became supersaturated with respect to siderite. Basaltic glass dissolution
in the column reactor, however, was insuﬃcient to overcome the pH buﬀer capacity of CO2-charged water. The pH of this
CO2-charged water rose from an initial 3.4 to only 4.5 in the column reactor. This acidic reactive ﬂuid was undersaturated
with respect to carbonate minerals but supersaturated with respect to clays and Fe hydroxides at 22 °C, and with respect
to clays and Al hydroxides at 50 °C. Basaltic glass dissolution in the CO2-charged water was closer to stoichiometry than
in pure water. The mobility and aqueous concentration of several metals increased signiﬁcantly with the addition of CO2
to the inlet ﬂuid, and some metals, including Mn, Cr, Al, and As exceeded the allowable drinking water limits. Iron became
mobile and the aqueous Fe2+/Fe3+ ratio increased along the ﬂow path. Although carbonate minerals did not precipitate in the
column reactor in response to CO2-charged water–basaltic glass interaction, once this ﬂuid exited the reactor, carbonates precipitated as the ﬂuid degassed at the outlet. Substantial diﬀerences were found between the results of geochemical modelling
calculations and the observed chemical evolution of the ﬂuids during the experiments. These diﬀerences underscore the need to
improve the models before they can be used to predict with conﬁdence the fate and consequences of carbon dioxide injected
into the subsurface.
Ó 2013 Elsevier Ltd. All rights reserved.

1. INTRODUCTION
This study focuses on the improved understanding of
CO2-charged ﬂuid–basalt interaction. This process is of cur⇑ Corresponding author. Tel.: +354 525 5414; fax: +354 562
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rent interest due to its potential application to subsurface
carbon storage eﬀorts. Engineered in situ mineral carbonation attempts to combine injected CO2 with divalent cations such as Ca2+, Mg2+, and Fe2+ to form stable
carbonate minerals (IPCC, 2005; Kelemen and Matter,
2008; Oelkers et al., 2008; Gislason et al., 2010; Broecker,
2012). Because basalts and ultramaﬁc rocks are (1) rich in
divalent cations, (2) abundant on the Earth surface, and
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(3) highly reactive – they are considered to be well suited for
CO2 mineral storage (McGrail et al., 2006; Goldberg et al.,
2008). This possibility is currently being tested as part of the
CarbFix CO2 storage pilot project in Iceland
(Gislason et al., 2010; Aradóttir et al., 2012; Alfredsson
et al., 2013).
The interaction of CO2-charged ﬂuids with basalts also
plays a major role in the global carbon cycle. Carbon dioxide released from the crust and the mantle during continental drift is balanced, on a geological time scale by
weathering of Ca, Mg–silicates, formation of carbonates
and burial of organic carbon (Berner, 2004; Marini, 2007;
Mackenzie and Andersson, 2013). Part of the CO2 released
from volcanoes and crustal intrusions, however, never
reaches the atmosphere. It dissolves in groundwater and
geothermal waters, making the water corrosive and provoking carbonate mineral precipitation. This ‘short-cut’ in the
carbon cycle provides a natural analogue for industrial
in situ CO2 storage (Brady and Gislason, 1997; Gislason
et al., 2002; Kelemen and Matter, 2008; Wiese et al.,
2008; Flaathen et al., 2009; Beinlich and Austrheim, 2012;
Kampman et al., 2012; Olsson et al., 2012a).
Numerous laboratory studies investigating the potential eﬃciency of in situ CO2 storage in basalts and ultramaﬁc rocks have focused on the secondary products of
CO2–H2O/CO2–H2S interaction and/or the eﬀects of secondary mineral coatings on primary mineral dissolution
rates (e.g. Giammar et al., 2005; Andreani et al., 2009;
Daval et al., 2009, 2011; Schaef and McGrail, 2009;
Schaef et al., 2010, 2011, 2013; Hövelmann et al., 2011;
Stockmann et al., 2011, 2013; Gysi and Stefánsson,
2012; Munz et al., 2012; Olsson et al., 2012b; Miller
et al., 2013; Rani et al., 2013). In contrast, this study focuses on the solute chemistry evolution during water–
basaltic glass and CO2-charged water–basaltic glass interaction. Such results can be applied to engineered in situ
mineral carbonation as well as to volcanic systems where
CO2 is degassed from magma into groundwater (Federico
et al., 2002, 2004; Aiuppa et al., 2005; Fridriksson et al.,
2006; Flaathen and Gislason, 2007; Flaathen et al., 2009;
Olsson et al., 2012a). A major diﬀerence between this
study and previous studies of water–basalt interaction is
the experimental design; in this study we follow the ﬂuid
compositional evolution within a 2.3 m long high pressure
column ﬂow reactor (HPCFR) (Galeczka et al., 2013a)
using sampling ports located along the column. This reactor allows reactive ﬂuid sampling along the ﬂow path at
both ambient and at elevated pressure and temperature,
providing insight into the temporal and spatial evolution
of reactive ﬂuid composition. This reactor, thereby, allows
for the direct assessment of the ability of geochemical
modelling codes to reproduce the solute chemistry along
the ﬂow path during CO2–water–rock interaction. Such
model validation is an essential step to assess our ability
to predict the fate of CO2 injected into the subsurface
during carbon storage eﬀorts. The purpose of this paper
is to present the results of this experimental study and
to apply these to the improved understanding of carbon
storage in basalts, and to the fate of CO2 in natural volcanic systems.

2. METHODS
2.1. Materials
The basaltic glass used in this study was collected from
the Stapafell Mountain located in SW Iceland. The composition of the material is similar to that of mid-ocean ridge
basalt (MORB) and its dissolution kinetics was reported
in previous studies (Oelkers and Gislason, 2001; Gislason
and Oelkers, 2003; Stockmann et al., 2011; Wolﬀ-Boenisch
et al., 2011). Its chemical composition is consistent with
Si1.0Ti0.024Al0.355Fe0.207Mg0.276Ca0.265Na0.073K0.007O3.381
(see Table 1 in Electronic supplement 1). The material was
crushed in a jaw crusher and dry sieved to obtain the 45–
100 lm particle size fraction, which was subsequently
washed by repeated gravitational settling to remove ultraﬁne particles. The resulting powder was dried at 50 °C for
2 days. The cleaned glass was poured into the column reactor. Scanning electron microscope (SEM) photomicrographs of the material inserted into the column before the
experiments can be seen in Fig. 1 in the Electronic supplement 1. As shown in the photomicrographs, the powder
was free of ﬁne particles. The total mass of glass inside
the column reactor was 8.3 kg. The void fraction of the
material, which is randomly and loosely packed, was estimated to be 0.4 (Weltje and Alberts, 2011). The powdered
glass was inserted into the reactor as a slurry precluding the
direct measurement of void fraction. To ensure equal void
distribution, the powdered glass was inserted into the column gradually; the slurry addition was regularly stopped
to allow the solid material to settle. In total, it took a week
to ﬁll the column. The reactor was also physically shaken at
times during slurry addition to further aid grain settling.
The BET speciﬁc surface area (ABET) of the basaltic glass
before the experiment was 22,000 cm2/g, as measured by sixpoint N2 adsorption using a Quantachrome Gas Sorption
system. The speciﬁc geometric surface area (Ageo), calculated assuming the glass powder to be identical cubes was
290.4 cm2/g (Wolﬀ-Boenisch et al., 2011), resulting in a surface roughness factor (ABET/Ageo) of 76. The total BET surface area in the column was thus 182,600,000 cm2, and the
corresponding geometric surface area was 2,410,000 cm2.
Taking into account an estimated porosity of 40%, the total
ﬂuid volume in the reactor was 1.84 L, yielding a surface
area to ﬂuid volume ratio of 105 cm1.
2.2. Experimental design
Fluid–basaltic glass interaction experiments were performed in a high pressure column ﬂow reactor (HPCFR).
A detailed description of the column reactor is provided
in Galeczka et al. (2013a). Due to the corrosive nature of
CO2-charged water, nearly the entire reactor was made of
titanium, Hastelloy, or PEEK (Polyether ether ketone).
The titanium column measured 234 cm in length, 5.0 cm
in inner diameter, and held a total volume of 4.6 L. During the CO2-charged water experiments, liquid CO2 was
delivered to the reactor via a supercritical ﬂuid pump
(SCF) and the degassed deionized H2O via a high pressure
liquid chromatography pump (HPLC). The complete
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mixing and dissolution of CO2 into the water was assured
by a titanium mixing chamber installed before the column
reactor inlet. The initial in situ DIC (Dissolved Inorganic
Carbon) concentration during the CO2-charged water
experiments was measured in the mixing chamber every
2–3 days to verify the H2O/CO2 ratio. The HPCFR has seven lateral sampling ports, which were used to sample the
ﬂuid along the ﬂow path. Fluid sampling from these ports
allowed determination of the elemental concentrations as
well as DIC, pH, and Eh along the ﬂow path within the column. The column reactor was wrapped with a heating tape
to control temperature. Fluid sampling was performed by
diverting the ﬂuid from the reactor outlet to a pressurized
sampling loop connected to an ‘expander’ for DIC analysis
and to in-line pH and Eh electrodes. The ‘expander’ was
equipped with a pressure transducer that recorded the pressure resulting from CO2 expansion. Further samples were
collected for major and trace cation measurements. Details
of this reactor are presented by Galeczka et al. (2013a).
2.3. Geochemical modelling
The standard state adopted in this study was that of unit
activity for pure minerals and H2O at any temperature and
pressure. The standard state for aqueous species was that of
a hypothetical 1 molal solution referenced to inﬁnite dilution at any temperature and pressure. Aqueous speciation,
mineral saturation states, and reactive transport modelling
were performed using the PHREEQC 2.17 geochemical
code (Parkhurst and Appelo, 1999) and the standard phreeqc.dat database, which was updated with selected aqueous
speciation and mineral solubility constants from Gysi and
Stefánsson (2011). The thermodynamic properties (equilibrium constant and enthalpy) of the hydrated basaltic glass
surface were estimated from the stoichiometrically weighted
sum of the hydrolysis reactions of amorphous SiO2 and
amorphous Al(OH)3 (Bourcier et al., 1990; Wolﬀ-Boenisch
et al., 2004). The equilibrium constant (log K) and enthalpy
(DH) of individual hydrolysis reactions were taken from the
phreeqc.dat database. The logarithm of the equilibrium constant at 25 °C calculated for the hydrated basaltic glass dissolution reaction given by
Si1:0 Al0:35 O2 ðOHÞ1:05 þ 1:05Hþ þ 0:95H2 O
¼ 0:35Al

3þ

þ H4 SiO4

ð1Þ

is 1.07. The enthalpy of reaction is calculated to be
24.4 kJ/mol. For aqueous speciation and mineral saturation state calculations, the chemical composition of the
sampled ﬂuid together with measured in-line DIC and
pH were used. In cases where DIC measurements were
missing, PHREEQC calculations were performed to estimate DIC concentrations using measured in situ pH assuming charge balance. Resulting DIC estimates were used for
further calculations. Aqueous speciation and saturation
state calculations included measured Fe2+ and Fe3+ concentrations as redox indicators for the CO2-charged water
experiments, but were calculated from measured dissolved
O2 concentrations of the degassed inlet ﬂuid for the pure
water experiment.
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The saturation state of the reactive ﬂuid with respect to
hydrated basaltic glass is given as the Gibbs free energy of
reaction, DGr, but the saturation state of the experimental
ﬂuid with respect to secondary minerals is given as saturation index, SI. The relationship between these two functions
is expressed as
DGr ¼ RT 2:303 logðQ=KÞ ¼ RT 2:303 SI;

ð2Þ

where R corresponds to the gas constant, T designates the
temperature, Q stands for the reaction quotient (also called
ion activity product), and K denotes the equilibrium constant
of the hydrolysis reaction at the temperature of interest. Both
DGr and SI are zero at equilibrium and negative when the
ﬂuid is undersaturated with respect to the dissolving phase.
The dissolution rate of basaltic glass can be described
using (Gislason and Oelkers, 2003)
 3 13 


EA
aH þ
DGr
ð
Þ
RT
rþ;geo ¼ AA exp
1  exp
;
ð3Þ
aAl3þ
rRT
where r+,geo signiﬁes the geometric surface area normalized
steady-state basaltic glass dissolution rate, AA designates a
pre-exponential factor (105.6 mol of Si/cm2/s), EA refers to
a pH independent activation energy (25.5 kJ/mol), and r corresponds to the Temkin parameter, equal to 1 for basaltic
glass when its formula is normalized to one Si atom (Daux
et al., 1997). The activation energy adopted in this study is
lower than that commonly reported in the literature because
it includes provision for the identity of the Al-depleted activated complex (Gislason and Oelkers, 2003). The DGr symbolizes the Gibbs free energy of the hydrated
 basaltic glass
DGr
dissolution (Eq. (1)). The term 1  exp rRT
reﬂects the saturation state of the ﬂuid with respect to the hydrated basaltic
glass in accord with reaction (1).
The basaltic glass dissolution rates along the ﬂow path
were calculated using Eq. (3). The activities of Al3+ and
H+ were calculated from the measured ﬂuid chemistry using
PHREEQC. Apparent basaltic glass dissolution rates during the experiments were also determined from measured
ﬂuid Si concentration using:
rþ;Si ¼

ðSi1  Si0 Þfr
;
Ageo m

ð4Þ

where r+,Si designates the apparent basaltic glass dissolution rate based on Si release, Si1 represents the measured
outlet ﬂuid Si concentration, Si0 refers to the initial Si concentration, and fr, Ageo, and m stand for ﬂuid ﬂow rate, speciﬁc geometric surface area, and the mass of basaltic glass,
respectively. Note that the precipitation of Si bearing secondary minerals within the column reactor will diminish
apparent dissolution rates calculated with Eq. (4).
The ﬂuid compositional evolution in the reactor was
modelled using a one dimensional reactive transport simulation with the aid of PHREEQC. The ﬂuid phase was allowed to react with basaltic glass in accord with Eq. (3),
taking into account the ﬂuid composition and its saturation
state with respect to the hydrated basaltic glass surface. The
inlet ﬂuid chemistry used in the model was set equal to the
inlet ﬂuid chemistry used during the experiments (see
below) and the basaltic glass was assumed to dissolve
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stoichiometrically. The one dimensional reactive transport
model consisted of seven cells. The ﬂow of the ﬂuid was directed from the ﬁrst towards the seventh cell, and the time
step of the simulation, as required by the PHREEQC computer code, equalled the ﬂuid residence time within each cell
(the ﬂuid residence time is equal to the total ﬂuid volume
inside the cell divided by its ﬂow rate). Diﬀusion was also
taken into account using a diﬀusion coeﬃcient of
3  1010 m2/s. Note that the eﬀects of dispersion and ﬂuid
channelling were not taken into account directly by this
model. The basaltic glass surface area used in the model
was the initial Ageo. In the ﬁrst scenario, the basaltic glass
was allowed to dissolve according to the rate expression
(Eq. (3)) but secondary minerals were not allowed to precipitate. In the second scenario, basaltic glass dissolution
was also calculated with Eq. (3), but the secondary minerals
commonly forming in basaltic groundwater systems were
assumed to form at local equilibrium. The local equilibrium
assumption was used instead of distinct mineral precipitation rates since (1) such rates are generally unavailable,
(2) there is no constraint on secondary mineral surface area,
and (3) some precipitation rate expressions, predicted by
transition state theory, have been shown to fail (Saldi
et al., 2012; Schott et al., 2012). Although the assumption
of partial equilibrium between ﬂuid and secondary phases
has been questioned (c.f. Zhu and Lu, 2009), it was used
in the present study for illustrative purpose to provide insight into the processes inﬂuencing the evolution of the ﬂuid
chemistry, and the potential application of geochemical
models to predict the evolution of CO2–rock interaction
in laboratory and geo-engineered systems.
2.4. Experimental stages
The experiment carried out in this study was performed
in 3 distinct stages. In the ﬁrst stage deionized water (DI
water) was pumped through the column at a ﬂow rate of
5 ml/min, at 22 °C and ambient pressure for 2500 h. This
experiment will be referred to as the pure water experiment.
The residence time of the ﬂuid inside the column was 6 h.
The second stage of the experiment started after completion
of the pure-water experiment. The total/hydraulic pressure
in the reactor was increased to 8 MPa and CO2-charged
water was injected. This experiment will be referred to as
the 22 °C CO2-charged water experiment. The total pressure
and the ﬂow rates of water and liquid CO2 were set to ensure
that the CO2 was fully dissolved in the water before entering
the column reactor. In this instance it was set at 25% of the
CO2 solubility limit at this pressure and temperature. The
CO2 solubility was calculated based on the Duan et al.
(2006) model. This CO2 concentration thus avoids degassing
even if there were some ﬂuctuations in the total pressure due
to sampling. In the third stage of the experiment the temperature of the HPCFR was increased to 50 °C ± 0.5. This
experiment will be referred to as the 50 °C CO2-charged
water experiment. These three experimental stages were chosen to mimic diﬀerent conditions in basaltic aquifers. The
ﬁrst stage (pure water–basaltic glass experiment) represents
natural basaltic groundwater systems, the second stage
(22 °C CO2-charged water experiment) simulates natural

shallow magmatic CO2 ﬂuxes into basaltic aquifers and
engineered CO2 injection similar to the conditions at the
CarbFix CO2 injection site (Alfredsson et al., 2013), whereas
the third stage mimics CO2 ﬂuxes/injection at greater depths
where the temperature is higher. The three experimental
stages were conducted sequentially, with secondary phases
formed in one experiment potentially inﬂuencing the following one. This mimics natural geological systems, where secondary alteration products are commonly present within
pores. Similar, the CO2 injection during the CarbFix project
(Gislason et al., 2010) has been proceeded into basalts containing some secondary product phases.
In both CO2-charged water experiments, the CO2 and
water ﬂow rates were set to 0.13 and 3.5 ml/min, respectively
resulting in an average ﬂuid residence time of 8 h in the
column. The duration of the two CO2-charged water experiments were 1000 h each. The velocity of the ﬂuid through
the pores was 7 m/day which is 100 times faster than natural groundwater ﬂow at the CarbFix injection site (Aradóttir et al., 2012). The initial measured DIC concentration and
calculated pH of the CO2-charged inlet ﬂuid was
300 mmol/L and 3.4, respectively. The ﬂuid phase pH,
Eh, and DIC were measured in samples collected from seven
positions along the column reactor. The precision of the pH
measurements during the CO2-rich ﬂuid experiments obtained using high P/T electrodes was estimated to be ±0.1
pH unit but was ±0.05 pH unit for measurements made at
ambient pressure during the pure water experiment. Reactor
sampling involved taking ﬂuids from all seven sampling
ports during a single day, over the course of 8–9 h. Samples
were taken a minimum of 6 residence times from each other
(see Fig. 1). In total, 347 ﬂuid samples were collected: 191
during the pure water experiment, 79 during the 22 °C
CO2-charged water experiment, and 77 during the 50 °C
CO2-charged water experiment. The sampling aﬀected
somewhat the ﬂuid ﬂow in the column; the ﬂuid above the
sampling port was stagnant during sampling. To sample
fresh ﬂuids, sampling was always started from the uppermost sampling port and continued downwards. The outlet
ﬂuid sampled for major and trace elemental composition
was ﬁltered using a 0.2 lm cellulose acetate ﬁlter, and then
acidiﬁed with concentrated supra-pure HNO3 (0.5 vol.%)
prior to analysis by ICP-OES (Inductively Coupled Plasma
Optical Emission Spectrometer). Analytical uncertainties of
ICP-OES analyses are on the order of 65%. During the
CO2-rich experiments, the concentrations of Fe species
(Fe2+ and Fe3+) were measured by ion chromatography
(Dionex IC 3000). These samples were captured directly
from the ﬁltered outﬂow into a syringe ﬁlled with 0.1 M
HCl, thus avoiding direct contact of the ﬂuid with the atmosphere. This method takes advantage of the slow oxidation
of Fe2+ to Fe3+ at low pH to preserve the iron oxidation
state of the sample (Stumm and Morgan, 1996).
3. RESULTS
3.1. Pure water–basaltic glass interaction experiment
The HPCFR provides the opportunity to study the temporal ﬂuid chemistry evolution along the ﬂow path. Fig. 1
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Fig. 1. Example of the data collected from the diﬀerent outlet sampling ports during the pure water–basaltic glass interaction experiment. The
inlet ﬂuid of pH 6.7 was pumped bottom-up through the column continuously for 2500 h (elapsed time) and it is shown on the horizontal axis.
The calculated residence time from the inlet to each sampling outlet is displayed on the vertical axis. Seven ﬂuid samples were collected during
each sampling session, one from each outlet port.

shows an example of results obtained during the pure water
injection at 22 °C. The inlet ﬂuid percolated through the
column passing sequentially the ﬁrst, second, third, fourth,
ﬁfth, sixth, and seventh sampling ports, respectively. The
vertical axis, labelled ‘residence time’ in Fig. 1, shows the
average time it took the ﬂuid to ﬂow from the inlet to each
sampling port at a ﬂow rate of 5 ml/min. The horizontal
axis labelled ‘elapsed time’ represents the elapsed time since
the beginning of the experiment. In case of the pure water–
basaltic glass experiment, deionized water was pumped
through the column continuously for 2500 h (104 days).
The aqueous ﬂuid concentrations attained steady-state ﬁrst
in the ﬁrst outlet and then later in the higher outlets, as
shown for Mg in Fig. 1. Steady-state is deﬁned as constant
ﬂuid composition within analytic uncertainty for at least 10
residence times.
Major element concentrations and the pH evolution
along the ﬂow path are shown at elapsed times of 500
and 2200 h, respectively in Fig. 2. These two elapsed times
were chosen because after 500 h the concentrations of most
elements were increasing. After 2200 h, the dissolved major

element concentrations attained steady-state in all outlets.
The initial pH of the degassed, deionized water injected into
the column was 6.7 at 22 °C. The ﬂuid pH increased to
more than 9 during the ﬁrst 30 min of water–rock interaction consistent with proton consumption by basaltic glass
dissolution (see Fig. 2a). After 2–3 h, the pH slightly decreased consistent with proton production by secondary
phase precipitation.
Along the ﬂow path, the concentrations of most major
elements increased during the ﬁrst 2 h of water–rock interaction at both 500 and 2200 h, as indicated by samples collected from the ﬁrst three outlets (see Fig. 2b and c). Major
element concentrations continued to increase with further
ﬂuid–basaltic glass interaction but at a slower rate as the
ﬂuid continued through the column. After 3 h, the Mg concentration in the reactor ﬂuid decreased suggesting preferential incorporation of Mg into secondary phases. The
stoichiometric coeﬃcients (the ratio between measured element concentration to Na in the ﬂuid normalized to that in
the dissolving glass) of Si, Al, Ca, Mg were close to 1. Sodium is considered to be a conservative element in basaltic
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Fig. 2. The pH (a) and concentration of major elements from the pure water–basaltic glass interaction experiment along the ﬂow path at
elapsed times of 500 h (b) and 2200 h (c), respectively. The silicon concentration is shown on the left axis whereas all other element
concentrations are shown on the right axis. The increase in the pH from the ﬁrst to third outlet sampling ports indicates proton consumption
by basalt dissolution. The subsequent pH decrease indicates proton release. The Fe concentration was below detection limit of analysis,
revealing precipitation of Fe phases.

groundwater systems due to its negligible incorporation
into secondary phases. Despite these ratios being close to
unity, the concentration curves levelled oﬀ along the ﬂow
path as shown in Fig. 2b and c. The Al concentration
was still comparatively high in the ﬂuid phase after 6 h of
water–basaltic glass interaction (approximately 40 lmol/
kg) whereas in natural basaltic groundwater systems aqueous Al ranges only up to few lmol/kg (Gislason et al., 1996;
Alfredsson et al., 2013). The Fe concentration along the
ﬂow path was close to or below the 0.36 lmol/kg detection
limit of the analytical method. It is common to observe up
to 1 lmol/kg of Fe in natural basaltic groundwater systems;
this low concentration is likely due to Fe2+ oxidation coupled to Fe hydroxide precipitation (Gislason and Eugster,
1987; Alfredsson et al., 2013).

3.2. CO2-charged water–basaltic glass interaction
experiment at 22 °C
The injection of a CO2-charged water was started
after 2500 h of the pure water–basaltic glass experiment.
The pH decrease stemming from the injection of the
CO2-charged water into alkaline ﬂuid is shown in Fig. 3a.
During the ﬁrst hours following the start of the injection
of the CO2-charged water, it was diﬃcult to measure in-line
pH in all outlets because of the time required for sampling.
A steady-state pH of 4.5 was attained after 200 h. The
pH increased from the initial inlet ﬂuid value of 3.4 to 4.5
in the samples obtained from the ﬁrst outlet port; ﬂuid samples from this port experienced only 40 min of CO2-charged
water–basaltic glass interaction (see Fig. 4a). Further
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Fig. 3. The pH (a) and DIC (b) measured in-line in the reactive
ﬂuids collected from the sampling ports indicated in the legend
during the 22 °C CO2-charged water–basaltic glass experiment.
Due to complexity of the sampling procedure, only the column
outlet ﬂuid pH was determined during the ﬁrst 60 h of the
experiment when the alkaline solution inside the column was
replaced by CO2-charged water. The dotted curve represents initial
measured DIC concentration in the mixing chamber before
entering the column. Fluctuations of the initial DIC concentration
were related to the ﬂuctuations in delivery of CO2 by the
supercritical ﬂuid pump. Circles on the lines represent the samples
that were singled out for further discussion in the text.

interaction between basaltic glass and CO2-charged water
along the ﬂow path was not suﬃcient to overcome the pH
buﬀering capacity of the ﬂuid, resulting in a steady-state between proton consumption and proton production at pH
4.5 (see Figs. 3a and 4a). The DIC concentration in the
column was similar to the inlet DIC concentration of
300 mmol/L and it remained constant along the ﬂow path
(Fig. 3b). The constant concentration of DIC along the ﬂow
path conﬁrms that there was no CO2 degassing or carbonate precipitation in the column. A decrease of DIC at an
elapsed time of 500 h was caused by a ﬂuctuation of liquid
CO2 delivery by the injection pump system.
Dissolved element concentrations along the ﬂow path
490 and 875 h after the beginning of the CO2-charged water
injection showed element release patterns (Fig. 4b and c)
distinct from those of the pure water experiment (see
Fig. 2b and c). We chose to show the results after 490 h,
as at this time the initial DIC concentration had been stable
for almost 300 h (see Fig. 3b) and the element concentrations (Si, Ca, Mg, Na, K, Fe) in all of the sampling outlet
ports were approaching steady-state. The concentrations
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after 875 h are shown because at this time the pH had been
stable for 300 h in all ﬂuid samples (Fig. 3a) and all element concentrations had achieved steady-state.
The observed abundance of major elements in the ﬂuid
phase agreed with those of the basaltic glass:
Si > Al > Mg > Ca > Fe > Na. This observation contrasts
with the results of the pure water experiment where the
abundance of elements was Si > Al > Ca > Mg > Na > Fe.
There was a slight non-linearity in Si, Ca, Mg, and Fe concentrations versus ﬂow distance, whereas the Al concentration increased linearly with ﬂow distance. At an elapsed
time of 875 h Si, Ca, Mg, and Fe showed preferential
retention in the solid phase at all sampled ﬂuids (stoichiometric coeﬃcient <1 compared with Na). The Al was preferentially retained in the solid compared to Na (stoichometric
coeﬃcient was <1) at the ﬁrst and second sampling outlet
port.
Outﬂow chemistry in this CO2-charged water experiment exhibited higher trace element concentrations compared to the pure water experiment. For example, the
outﬂow ﬂuid in the latter experiment contained more than
40 times Mn and 6 times Sr than the former (Fig. 5). Elements which were close to or below detection limits during
the pure water–basalt experiment were detectable during
the CO2-charged water experiment. This observation is consistent with faster basaltic glass dissolution rates at an
acidic pH of 4.5 compared to those in the basic ﬂuids present in the pure water experiment. Concentrations of B, Mn,
and Sr after 875 h showed a linear increase along the ﬂow
path similar to the major elements. The B is considered as
the one of the most mobile elements in basaltic groundwater systems since it is not incorporated into secondary minerals (Arnórsson et al., 1982, 2002; Arnórsson and
Andrésdóttir, 1995; Kaasalainen and Stefánsson, 2012).
The CO2-charged water, when reacting with basalt, not
only liberates divalent metals which can form carbonate
minerals, but also releases metals that can be harmful to
biota. Major metals of concern include Al, Cr, and As.
The Fe and Mn can be both essential for life and toxic
depending on their concentrations. The degree to which
they migrate depends on the chemistry and hydrology of
the system. The mobilization of contaminants due to engineered CO2 injection was studied among others by Harvey
et al. (2013) and Siirila et al. (2012). Since the experimental
conditions in this study were similar to natural groundwater systems where magmatic CO2 dissolves in aquifers, the
concentrations of metals were compared to World Health
Organisation (WHO) drinking water standards. Concentrations of some of the metals in the sampled ﬂuids exceeded
WHO drinking water limits (WHO, 2008). Aluminium,
iron, and chromium concentrations were always higher
than the WHO drinking water limits (>3.7 lmol/kg for
Al, >36 lmol/kg for Fe, and >0.1 lmol/kg for Cr). Manganese exceeded the WHO drinking water limit (7.3 lmol/kg)
during the ﬁrst 40 h after the pure water inlet ﬂuid was replaced by the CO2-charged water. The As concentration
was close to the WHO drinking water limit of 0.13 lmol/kg.
The mobility of metals during short-term CO2 pulses in
the high pressure column reactor is described in more detail
in Galeczka et al. (2013b).
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Fig. 4. The pH (a) and major element concentrations during the 22 °C CO2-charged water–basaltic glass experiment at elapsed times of 490 h
(b) and 875 h (c), respectively. Silicon concentration is shown on the left axis whereas all other element concentrations are shown on the right
axis.

The results of the ﬁrst 90 h of the 22 °C CO2-charged
water experiment are comparable to the results of the
CO2-charged water–basaltic glass interaction experiment
described in Galeczka et al. (2013a). The element concentrations showed similar trend along the ﬂow path, and the
measured pH was similar even though the inlet CO2 concentration was a factor of four higher than in this study.
3.3. CO2-charged water–basaltic glass interaction at 50 °C
After approximately 1000 h of CO2-charged water–
basaltic glass interaction at 22 °C, deionized water was

pumped through the column at 3.5 ml/min for 900 h to
neutralize the system. After this time, CO2 was again mixed
with DI water at the same ratio as during the 22 °C
CO2-charged water experiment (H2O at 3.5 ml/min, CO2(l)
at 0.13 ml/min) and pumped through the column reactor.
The reactor temperature was increased to 50 °C. The temporal pH and DIC evolution during this experiment is
shown in Fig. 6. The pH was measured at ambient temperature and recalculated to 50 °C using PHREEQC. The pH
decreased gradually with time, possibly related to an
unintentional increase in initial DIC concentration due
to ﬂuid injection system variations. Even though the
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Fig. 5. Trace element concentrations during the 22 °C CO2-charged water–basaltic glass experiment at elapsed times of 490 h (a) and 875 h
(b), respectively. The B and Mn concentrations are shown on the left axis; other elements are shown on the right axis.

DIC concentration was homogeneous and close to the
initial DIC concentration throughout the reactor, pH
varied more between the ﬂuids obtained from the various
outlet sampling ports than during the 22 °C CO2-charged
water experiment (Figs. 4a and 7a). After an elapsed time
of 840 h in the 50 °C CO2-charged water experiment, pH
maximized to 4.4 in outlet samples 2 and 3, and then it
decreased along the rest of the ﬂow path to 4.2. The increase
in temperature from 22 to 50 °C did not enhance basaltic
glass dissolution rates suﬃciently to overcome the pH
buﬀer capacity of the CO2-charged water.
Solute concentrations along the ﬂuid ﬂow path at
elapsed times of 360 and 840 h during the 50 °C CO2charged water experiment were distinct from those observed during the 22 °C CO2-charged water experiment
(compare Fig. 4b and c with Fig. 7b and c). During the ﬁrst
2–3 h of CO2-charged water–basaltic glass interaction, the
Al concentration increased signiﬁcantly, followed by its rapid decrease after 3–4 h. The dissolved Al concentration
at elapsed time of 360 h, and after 7.5 h of CO2-charged
water–basaltic glass interaction, was lower than the corresponding Si, Mg, Ca, Fe, and Na concentrations (see
Fig. 7b). Reactive ﬂuid Si concentrations along the ﬂow
path decreased from 360 to 840 h of elapsed time (Fig. 7b
and c), in contrast with Mg and Ca, which increased with
elapsed time. The pattern of Ca and Mg enrichment along
the ﬂow path was similar to that observed during the 22 °C
CO2-charged water experiment. The Si:Na ratio of the reactive ﬂuid was greater than that of the basaltic glass at
elapsed time of 840 h in all sampling outlet ports. Ca and

Mg were preferentially released to the ﬂuid compared to
Na up to the fourth sampling port, Al was preferentially released to the ﬂuid compared to Na up to the third sampling
port and Fe was preferentially released to the ﬂuid phase
compared to Na in just the ﬁrst sampling port. Later along
the ﬂow path, these elements were preferentially retained by
the solid.
The Sr and Mn concentrations increased along the ﬂow
path (see Fig. 8b), similar to that seen during the 22 °C
CO2-charged water experiment (Fig. 5b). The Cr release
pattern was similar to that of Al along the ﬂow path. Concentrations of toxic metals in the sampled ﬂuids exceeded
WHO drinking water limits for a number of elements
(WHO, 2008). Aluminium and iron concentrations were always higher than the WHO limits (>3.7 lmol/kg for Al,
>36 lmol/kg for Fe). The Cr concentration consistently exceeded WHO limits in the ﬁrst and second sampling port,
but its concentration decreased along the ﬂow path and
did not exceed the WHO limits in the last sampling port.
Manganese exceeded the WHO drinking water limit
(7.3 lmol/kg) during the ﬁrst 200 h of the experiment in
all outlet samples. The As concentration was very close to
the WHO drinking water limit of 0.13 lmol/kg.
3.4. Iron chemistry and redox conditions
According to Oelkers and Gislason (2001), approximately 90% of the total Fe in the basaltic glass used in this
study was Fe2+. The inlet ﬂuids were originally saturated
with atmospheric O2 at 22 °C, but much of this was
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Fig. 6. The pH (a) and DIC (b) measured in the ﬂuid collected
from the sampling ports indicated in the legend during the 50 °C
CO2-charged water–basaltic glass experiment. Measurement of pH
was performed at ambient temperature and recalculated to 50 °C
with PHREEQC. The dotted line represents the initial measured
DIC concentration in the mixing chamber before entering the
column. Fluctuations of the initial DIC concentration were related
to the variations of CO2 delivery by the supercritical pump. Circles
on the lines represent the samples that were singled out for further
discussion in the text.

degassed before the inlet ﬂuid entered the column reactor
(Galeczka et al., 2013a). The total dissolved Fe concentration was low and below the 0.36 lmol/kg detection limit
during the pure water experiment at 22 °C in all sampling
ports (Fig. 2b and c and Table 1 in Electronic supplement
2). The dissolved Fe concentration was suﬃciently high to
determine both total dissolved Fe and Fe speciation in
the ﬂuids sampled from both CO2-charged water experiments. To conﬁrm the quality of the analysis, the sum of
Fe2+ and Fe3+ measured with ion chromatography was
compared with Fetot measured with ICP-OES. The diﬀerences between these concentrations were between 0% and
15%, but most were less than 10%. Note that minor oxidation could have occurred during sampling. Hence, Fe species concentrations reported in this study may somewhat
underestimate Fe2+ and overestimate Fe3+.
The evolution of the iron chemistry along the ﬂow path
during the 22 °C CO2-charged water experiment is shown in
Fig. 9a and b. During the ﬁrst 2 h of water–basaltic glass
interaction, Fe was mostly present as Fe3+, but the Fe2+
concentration increased along the ﬂow path and became
more abundant in the upper part of the column. A similar
pattern was observed during the 50 °C CO2-charged water

experiment but Fe2+ became the dominant species earlier
than in the 22 °C experiment (see Fig. 9c and d, and Table 1
in Electronic supplement 2).
The measured ﬂuid Eh prior to its injection into the
reactor at 22 °C was 200–300 mV (Fig. 2 in Electronic
supplement 1). After an elapsed time of 200 h during
the 22 °C CO2-charged water experiment, the Eh dropped
to 200 mV and remained constant thereafter. During
the 50 °C CO2-charged water experiment, the measured
Eh increased continuously from 200 to 90 mV. The
Eh measured in-line at ambient temperature diﬀered from
that calculated with PHREEQC based on the Fe2+/Fe3+ ratio. Measured Eh was about 800 and 600 mV lower than
that calculated during the 22 and 50 °C CO2-charged water
experiments, respectively. The signiﬁcant diﬀerence between
measured Eh and Eh calculated based on measured
Fe2+/Fe3+ concentrations during both CO2 experiments
(see Fig. 2 in Electronic supplement 1) may be due to a lack
of equilibrium between diﬀerent redox couples in the sampled ﬂuids (Lindberg and Runnells, 1984) and the analytical
diﬃculties in Eh measurements with a Pt-electrode (Appelo
and Postma, 2005; Stefánsson et al., 2005). Aqueous
speciation and mineral saturation state calculations with
PHREEQC used measured Fe2+ and Fe3+ species to ﬁx the
redox conditions for the CO2-charged water experiments,
but the calculated dissolved O2 for the pure water
experiment. As the redox state of these systems was not
buﬀered, these assumptions lead to some uncertainties in
the geochemical modelling calculations.
3.5. Relative mobility of elements
The relative mobility of the elements was calculated by
dividing the measured dissolved element concentrations in
the sampled ﬂuids by the elemental concentrations in the dissolving basaltic glass. Relative mobilities calculated for major and trace elements after elapsed time of 2200, 875, and
840 h for the pure water experiment, the 22 °C CO2-charged
water experiment, and the 50 °C CO2-charged water experiment, respectively are illustrated in Fig. 10. Fig. 10a, c, and e
shows the relative mobility in ﬂuids collected from the seventh outlet port, whereas Fig. 10b, d, and f displays the evolution of this relative mobility at the same elapsed times as a
function of distance along the ﬂuid ﬂow path.
The most mobile elements were As and B in all experiments. Although As concentration in basalts is low, it is
highly mobile in shallow basaltic groundwater systems at
temperatures up to 90 °C (Arnórsson, 2003). The least mobile measured element was Ti, an element frequently considered immobile in basaltic groundwater systems (e.g.
Gislason et al., 1996; Alfredsson et al., 2013). The log
mobility of the major elements Si, Ca, Mg, Na, and K during the pure water experiment was 4.7 and during both
CO2-charged water experiments 4.0, indicating that the
presence of CO2 in the ﬂuid rather than a temperature increase from 22 °C to 50 °C was the major factor enhancing
element mobility. The highest mobility of Al was observed
during the 22 °C CO-charged water experiment. The log
mobility of Fe increased from 7.0 to 4.0 when CO2
charged water was injected. Similarly, the mobility of
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Fig. 7. The pH (a) and major element concentrations during the 50 °C CO2-charged water–basaltic glass experiment at elapsed times of 360 h
(b) and 840 h (c), respectively. Silicon concentration is shown on the left axis; other element concentrations are shown on the right axis. The
aluminium concentration proﬁle suggests precipitation, with Al enrichment in the ﬂuid at the beginning of the column and a decline further
along the ﬂow path.

numerous trace elements increased with the injection of
CO2-charged water; the relative mobility of As, Sr, Cr,
Mn, Ba, and V increased by factors of 5, 7, 20, 45, 156,
and 160, respectively, by changing the inlet ﬂuid from pure
to CO2-charged water.
3.6. Saturation state of basaltic glass and secondary minerals
PHREEQC was used to calculate the in situ saturation
state of the sampled ﬂuids with respect to basaltic glass
(Fig. 11) and selected secondary minerals (see Fig. 3 in Electronic supplement 1 and Electronic supplement 3). As de-

scribed in Section 2, the saturation state for basaltic glass
is expressed as the Gibbs free energy of reaction, DGr.
When the absolute value of DGr is low, basaltic glass dissolution may slow as equilibrium is approached (c.f. Schott
and Oelkers, 1995); based on transition state theory one
would expect a measurable decrease in basaltic glass dissolution rates when DGr exceeds 10 kJ/mol at 25 °C
 and
DGr
term
11 kJ/mol at 50 °C. At lower DGr, the 1  exp rRT
in Eq. (3) is >0.98 and therefore does not inﬂuence signiﬁcantly the overall dissolution rate. The degree to which
basaltic glass dissolution rates are slowed by the ﬂuid saturation state is shown in Fig. 11.
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Fig. 8. Trace element concentrations during the 50 °C CO2-charged water–basaltic glass experiment at elapsed times of 360 h (a) and 840 h
(b), respectively. The B and Mn concentrations are shown on the left axis; other elements are shown on the right axis.

During the pure water experiment, the basaltic glass dissolution rate was independent of the ﬂuid saturation state
during the ﬁrst 30 min of water–rock interaction (e.g. only
in samples collected from the ﬁrst sampling outlet). The
ﬂuid became less undersaturated with respect to basaltic
glass along the ﬂow path, causing its dissolution rate to
be slowed down by up to 4% (Fig. 11a). During the 22 °C
CO2-charged water experiment, the ﬂuid saturation state
inﬂuenced the basaltic glass dissolution rate along the
whole ﬂow path; the dissolution rate was calculated to have
slowed by up to 13% after 7.5 h of water–rock interaction
(e.g. in ﬂuid sampled from the last sampling port) as displayed in Fig. 11b. During the 50 °C CO2-charged water
experiment, this dissolution rate depended on the ﬂuid saturation state along the whole ﬂow path, and the dissolution
rate was calculated to have slowed by up to 48% after
7.5 h of water–basaltic glass interaction at the beginning
of the experiment but by less than 16% at the latter stages
(e.g. in ﬂuid sampled from the last sampling port at elapsed
time from 600 h) – see Fig. 11c.
Example of activity-activity diagrams for the reactive
ﬂuid evolution of all experiments in the Mg–SiO2–H2O system, similar to those presented in Marini (2007), Chopping
and Kaszuba (2012) and Lu et al. (2013), are provided in
Fig. 4 of Electronic supplement 1. The reactive ﬂuid during
the pure water experiment was basic (pH 9.3) and supersaturated with respect to the secondary minerals commonly
found in natural basaltic systems such as zeolites (represented here by heulandite), clay minerals (represented here
by Mg-clay, Ca-montmorillonite, gibbsite, imogolite, kaolinite), and Fe-phases such as goethite, amorphous goethite,

and Fe(OH)3(am) (see Fig. 3 in Electronic supplement 1 and
Electronic supplement 3). Note that the thermodynamic
description of amorphous goethite, reported as a secondary
product of basalt weathering (Stefánsson and Gislason,
2001), was retrieved by these authors based on measurements presented by Diakonov et al. (1994, 1999) and
Arnórsson and Andrésdóttir (1995). The ﬂuid was undersaturated with respect to amorphous and cryptocrystalline
phases such as Al(OH)3(am) and chalcedony, respectively.
During the 22 °C CO2-charged water experiment, the ﬂuid
was undersaturated with respect to zeolites, but supersaturated with respect to Ca-montmorillonite after 2–3 h of
water–basaltic glass interaction. It was supersaturated with
respect to amorphous Fe(OH)3(am), goethite(am), chalcedony, and undersaturated with respect to amorphous
Al(OH)3(am). During the 50 °C CO2-charged water experiment, the ﬂuid was again undersaturated with respect to
zeolites, but supersaturated with respect to Ca-montmorillonite. The ﬂuid was close to and/or in equilibrium with
amorphous Al(OH)3(am), goethite(am) and chalcedony, but
undersaturated with respect to amorphous Fe(OH)3(am).
Supersaturation with respect to Al(OH)3(am), Fe(OH)3(am),
and chalcedony suggests that precipitation of these phases
controlled the mobility of Al, Fe, and Si in the ﬂuid phase.
In natural systems, amorphous phases are the ﬁrst to precipitate (Gislason et al., 1997; Stefánsson and Gislason,
2001). Slight supersaturation with respect to siderite occurred only at the beginning of the CO2-charged water
experiments, when the pH was 5. Also, PHREEQC simulations of the outlet ﬂuid degassing indicate this ﬂuid was
supersaturated with respect to siderite and ankerite.
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Fig. 9. Distribution of Fe species along the ﬂow path during the 22 °C (a and b) and 50 °C (c and d) CO2-charged water–basaltic glass
experiments. Predominance of Fe3+ in the lower part of the column could be a result of Fe oxidation due to remaining O2 in the inlet ﬂuid.
Later along the ﬂow path, Fe2+ became the predominant species.

Carbonates were observed to have precipitated at the reactor outlet and their presence was conﬁrmed by simple HCl
test. According to model calculations, approximately 6 g of
carbonate minerals (siderite, ankerite, and calcite) precipitated at the reactor outlet during the 1000 h of the 50 °C
CO2-charged water experiment.
3.7. Basaltic glass apparent dissolution rates
Fig. 12 shows a comparison between basaltic glass dissolution rates calculated using Eq. (3) and those obtained
experimentally based on Eq. (4). Rates shown in Fig. 12
were normalized to the total geometric surface area of the
basaltic glass from the bottom of the column to the speciﬁc
outlet port. According to the calculations, experimentally
obtained apparent basaltic glass dissolution rates were always slower than those calculated using Eq. (3) (see
Fig. 12). This diﬀerence increased along the ﬂow path and
it was the largest in the 50 °C CO2-charged water experiment. The minimum amount of basaltic glass dissolved inside the column during the experiment was calculated based
on the concentration of Si in the ﬂuid samples collected
from the highest sampling port and the amount of water
pumped through the reactor. Note this calculation excludes
provision for secondary Si-phase precipitation. The total

amount of dissolved glass was time dependent. Approximately 40 g of basaltic glass was dissolved during 1000 h
of the 50 °C CO2 experiment, 13 g dissolved during
1000 h of the 22 °C CO2 experiment, and 6 g dissolved
during the ﬁrst 1000 h of the pure water experiment. The total amount of dissolved basaltic glass during the experiments (2500 h of pure water experiment and 2000 h for
the two CO2 experiments) was 68 g which was 0.8% of
the total basaltic glass in the column.
4. DISCUSSION
4.1. Chemical trends during the experiments
The pure water–basaltic glass interaction experiment
provides insight into natural basaltic groundwater systems.
The pH in the reactor was similar to that found in natural
basaltic groundwaters (e.g. Gislason and Eugster, 1987;
Gislason et al., 1996; Arnórsson et al., 2002; Alfredsson
et al., 2013). Element mobility measured in the reactor
was similar to that in natural basaltic systems with the
exception of Al (Fig. 10a). The low Al mobility commonly
observed in natural environments indicates the precipitation of Al hydroxides at low pH and clays and zeolites at
high pH (e.g. Kristmannsdottir, 1979, 1982; Gislason and
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Fig. 10. The relative mobility of elements in ﬂuids sampled from the seventh outlet after an elapsed time of 2200 h for the pure water–basaltic
glass experiment (a), 875 h for the 22 °C CO2-charged water–basaltic glass interaction experiment (c) and 840 h for the 50 °C CO2-charged
water–basaltic glass interaction experiment (e), respectively. Plots (b), (d), and (f) represent relative mobility of major elements along the ﬂow
path during the pure water experiment, the 22 °C CO2 experiment, and the 50 °C CO2 experiment, respectively, at the same elapsed times as
(a), (c), and (e). Circles focus on the mobility of Fe.

Eugster, 1987; Crovisier et al., 1992; Gislason et al., 1996;
Stefánsson and Gislason, 2001). The slowing of Si, Al,
Ca, Mg, and Na release rates as shown in Fig. 2b and c is
consistent with either (1) a slowing of basaltic glass dissolution rates along the ﬂow path stemming potentially from
ﬂuid channelling and/or passivation of the basaltic glass
surfaces by secondary phases or (2) the incorporation of
elements into secondary phases. A number of studies have
focused on the eﬀect of secondary coatings on the dissolution rates of primary phases (e.g. Cubillas et al., 2005;

Daval et al., 2009, 2011; Saldi et al., 2013; Stockmann et al.,
2013) and some conﬁrmed experimentally a passivation effect of secondary Si-rich layers on dissolution rates (e.g.
Daval et al., 2011; Saldi et al., 2013). It seems likely that
some aluminosilicate minerals precipitated along the entire
ﬂow path since the ﬂuids collected from the ﬁrst sampling
port were supersaturated with respect to some clays (gibbsite, imogolite, Mg-clay) and as the ﬂuid travelled further
it became supersaturated with respect to additional phases
including chalcedony, clays (Ca-montmorillonite) and
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Fig. 11. The saturation state of collected ﬂuids with respect to the
hydrated basaltic glass calculated with PHREEQC. Example of
these calculations can be found in Wolﬀ-Boenisch et al. (2004). The
dotted lines represent the percent slowdown of the basaltic glass
dissolution rates due to saturation state according to Eq. (3).

zeolites (heulandite) (Fig. 3 in Electronic supplement 1). The
precipitation of secondary Si-bearing minerals is also suggested by the apparent Si release rates, which were lower
than those calculated using Eq. (3). Also, the apparent Si
release rates decreased as the ﬂuid ﬂowed in the column
reactor (Fig. 12) consistent with secondary precipitation.
Furthermore, the Na concentration also levelled oﬀ along
the ﬂow path indicating Na consumption by secondary
phases (e.g. zeolites). This latter observation is in contrast
with the assumption that Na is a conservative element in
natural alkaline basaltic groundwater systems. Iron concentrations measured in the column were close to or below
detection limit. Released Fe2+ from the basaltic glass most
likely oxidized with what O2 remained in the inlet solution,
forming insoluble Fe hydroxide due to fast iron oxidation
kinetics at elevated/alkaline pH (c.f. Stumm and Morgan,

1996). This assumption is corroborated by calculated ﬂuid
supersaturation with respect to trivalent Fe-phases (Fig. 3
in Electronic Supplement 1). The Fe3+ could be also incorporated into secondary clays.
During the 22 °C CO2-charged water experiment, the
pH decreased from alkaline to acidic, enhancing basaltic
glass dissolution (Figs. 3a and 6a). The inlet ﬂuid pH was
3.4 and its pH increased to 4.5 during the ﬁrst 40 min of
water–basaltic glass interaction. A further pH increase did
not occur because the pH buﬀer capacity of the ﬂuid at
pH 4.5 was approximately an order of magnitude higher
than that of the dissolving glass. Although the inlet ﬂuid
DIC concentration ﬂuctuated somewhat during the ﬁrst
part of this experiment (Figs. 3b and 6b), the overall sample
ﬂuid pH was constant along the ﬂow path giving the conﬁdence in the measured ﬂuid chemistry. Due to low pH, the
mobility of all elements increased (Fig. 10c and d) compared to the pure water experiment (Fig. 10a and b). Iron,
manganese, and chromium became more mobile compared
to the pure water experiment. Also, other elements, which
were close to the analytical detection limit during the pure
water experiment, increased in concentration (e.g. Mn, B,
Sr, Ba, As Ti) (see Figs. 5 and 8). Even though element release along the ﬂow path in this experiment was more constant compared to the pure water experiment, there was a
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slight non-linearity in Si, Ca, Mg, Na, and Fe concentrations versus ﬂow distance, suggesting either a slowing of
basaltic glass dissolution or secondary Si-bearing phase precipitation. The near to linear increase in aqueous Al concentration along the ﬂow path, however, suggests that
there was no major slowing of basaltic glass dissolution,
assuming that glass was the only dissolving phase. Note
that preferential release of Al could also stem from re-dissolution of the secondary Al-bearing phases formed during
the pure water experiment. The Si release rates obtained
from this experiment were also lower than those calculated
using Eq. (3) (Fig. 12) consistent with secondary Si-bearing
phase precipitation and the supersaturation of the ﬂuid
with respect to chalcedony, quartz, and other Si-bearing
phases such as clays (Fig. 3 in Electronic supplement 1).
Note also the calculated stoichiometric coeﬃcients for Si,
Ca, Mg, and Fe were below 1 indicating their preferential
retention in the solid. Rogers et al. (2006) reported that
amorphous silica is the common silica phase formed during
the low-temperature alteration of basalts by CO2-rich ﬂuids. Iron chemistry showed that Fe3+ was the dominant
Fe aqueous species during the ﬁrst 2 h of water–basaltic
glass interaction (Fig. 9a and b) suggesting that most of
the Fe2+ released from basaltic glass was oxidized to Fe3+
during the initial stage of water–basaltic glass interaction,
probably due to O2 remaining in the degassed inlet ﬂuid.
Later along the ﬂow path Fe2+ became the major iron species. Furthermore, the Fe3+ concentration did not increase
with time but slowly decreased, consistent with Fe3+ precipitation; this likelihood is consistent with the observed supersaturation of the ﬂuid phase with respect to amorphous
Fe(OH)3 (Fig. 3 in Electronic supplement 1). Later along
the ﬂow path there was no O2 left to oxidize Fe2+, allowing
the Fe2+ concentration to increase gradually, while Fe3+
decreased. Although the iron oxidation kinetics is slow at
pH <6 as calculated based on rates reported by Stumm
and Morgan (1996), the measured Fe2+/Fe3+ concentrations at the ﬁrst sampling port suggests that nearly 80%
of the Fe2+ released from the basaltic glass would have been
oxidized to Fe3+during the ﬁrst 40 min of CO2-charged
water–basaltic glass interaction in the column reactor.
Element mobility in the CO2-charged water at 50 °C was
similar to that measured at 22 °C (see Fig. 10c and e). This
temperature increase did not enhance the basaltic glass dissolution rates suﬃciently to raise pH and it was stable at
4.2 along the ﬂow path. After a signiﬁcant initial rise during the ﬁrst 2–3 h of water–basaltic glass interaction along
the ﬂow path, aluminium concentration decreased consistent with Al-bearing secondary phase precipitation
(Fig. 7b and c), in accord with the supersaturation of the
ﬁrst two outlet ﬂuids with respect to amorphous Al(OH)3
(see Fig. 3 in Electronic supplement 1). The discrepancy between measured and calculated Si release rates (Fig. 12)
suggests incorporation of Si into secondary phases, consistent with the supersaturation of the ﬂuid with respect to
chalcedony and clay minerals (see Fig. 3 in Electronic supplement 1). In addition, the stoichiometric coeﬃcients for
major elements conﬁrm their preferential retention in the
solid phase. The Cr concentration followed the Al concentration pattern suggesting Cr incorporation into an Al

hydroxide phase (Kaasalainen and Stefánsson, 2012). The
spatial variation in reactive ﬂuid Sr and Mn concentrations
along the ﬂow path might indicate incorporation of these
elements into secondary phases.
4.2. Reactive transport modelling
The results of geochemical reactive transport modelling
are compared to the experimental results in Figs. 13 and 14.
Modelled ﬂuid concentrations assuming no secondary minerals formed during the pure water–basaltic glass interaction experiment were higher by a factor of 8 from those
measured in samples collected from the seventh sampling
port but by only a factor of 3 from those measured in
the ﬁrst sampling outlet for Si, Ca, Mg, Na, and Al (see
Fig. 13a). Corresponding modelled ﬂuid concentrations
for the 22 °C CO2-charged water experiment yielded concentrations 3–4 times higher than their experimental counterparts for all major elements (see Fig. 13c). Modelled ﬂuid
concentrations of the 50 °C CO2-charged water experiment
were 6 times higher than those measured in the ﬁrst sampling outlet and 3 times higher than in the seventh sampling outlet for Si, Ca, Mg, Na, and Fe (see Fig. 13e).
The saturation state of hydrated basaltic glass, based on
the log K of 1.07 for reaction (1) described above, did not
aﬀect signiﬁcantly the modelling results of the pure
water–basaltic glass and the 22 °C CO2-charged water
experiment. However, there was some eﬀect of saturation
state on the modelled concentrations for the 50 °C experiment; the relatively high ﬂuid saturation state slowed basaltic glass dissolution rates somewhat. The saturation state of
hydrated basaltic glass decreased modelled ﬂuid concentrations starting from the second sampling port consistent
with experimental results. The non-linearity of the modelled
curves during the 22 °C CO2-charged water experiment
stemmed from the eﬀect of increasing ﬂuid Al concentration
along the ﬂow path which decreased basaltic glass dissolution rate.
Result of the modelling including the assumption that
common secondary minerals precipitated at local equilibrium yielded lower estimates of ﬂuid concentrations for
some elements compared to those results obtained assuming no secondary minerals precipitated (see Fig. 13b, d,
and f). During the pure water–basaltic glass interaction
experiment, many phases were supersaturated in the ﬂuid
phase including various clays, zeolites, and Fe and Al
hydroxides. In the simulation imogolite, goethite, heulandite, and Mg-saponite were chosen to precipitate at local
equilibrium as these are common secondary minerals found
in natural basaltic systems (e.g. Alfredsson et al., 2013) and
the thermodynamic properties of these phases are available
(Gysi and Stefánsson, 2011). Results of the modelling
showed that the ﬂuid attained equilibrium with imogolite,
goethite, and Mg-saponite causing a decrease in Si, Mg,
Al, and Fe concentrations compared to model calculations
performed assuming that secondary minerals did not precipitate (Fig. 13b). As basaltic glass dissolution rates increase with decreasing aqueous Al concentration, the
aqueous concentrations of some metals, including Ca and
Na, increased when secondary mineral precipitation was
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Fig. 13. Comparison of the results of reactive transport modelling calculations with measured reactive ﬂuid concentrations for the pure
water–basaltic glass interaction experiment at an elapsed time of 2200 h (a, b), for the 22 °C CO2-charged water–basaltic glass interaction
experiment at an elapsed time of 875 h (c and d), and for the 50 °C CO2-charged water–basaltic glass interaction experiment at an elapsed time
of 840 h (e and f). The symbols correspond to the experimental results. The Si concentration is shown on the left axis and the rest of the
elements are displayed on the right axis. Plots (a), (c), and (e) represent reactive transport modelling assuming basaltic glass dissolved
according to the rate expression given by Gislason and Oelkers (2003). The logarithm of equilibrium constant for the hydrated basaltic glass
was 1.07. Plots (b), (d), and (f) represent reactive transport modelling under the same conditions but additionally assuming local equilibrium
with imogolite, goethite, heulandite, and Mg-saponite for the pure water experiment, and goethite(am), chalcedony, and gibbsite for both CO2
experiments, respectively. The right y axis scale in (d) and (f) was decreased to give better comparison between modelled concentration curves
and thus the curves are cut.

considered. This latter result stems from the fact that the
precipitation of secondary minerals decreases ﬂuid Al concentration leading to accelerated basaltic glass dissolution
rates as calculated using Eq. (3).
A comparison between modelled and measured ﬂuid pH
is provided in Fig. 14. Although calculated pH was similar
to corresponding measured pH for the case of the 22 °C
CO2-charged water experiment, diﬀerences of more than a

pH unit were evident between the modelled and measured
pH for the other two experiments.
The relative simplicity of the pure water–basaltic glass
interaction experiment allows some assessment of the sensitivity of the calculations to the input parameters. In the absence of secondary mineral precipitation, calculated ﬂuid
compositions are a function of three parameters: (1) the
basaltic glass dissolution rate constant, (2) the basaltic glass
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Fig. 14. Comparison of the reactive ﬂuid pH obtained from reactive transport modelling calculations with those measured for the pure water–
basaltic glass interaction experiment at an elapsed time of 2200 h (a), during the 22 °C CO2-charged water–basaltic glass interaction
experiment at an elapsed time of 875 h (b), and during the 50 °C CO2-charged water–basaltic glass interaction experiment at an elapsed time of
840 h (c). The symbols correspond to the experimental results. The calculations were performed either assuming basaltic glass dissolution rates
that followed the expression given by Gislason and Oelkers (2003) (‘model dissolution’) or dissolution consistent with this rate expression and
assuming local equilibrium with imogolite, goethite, heulandite, and Mg-saponite for the pure water experiment, and goethite(am), chalcedony,
and gibbsite for both CO2 experiments, respectively (‘model dissol/precip’).

surface–ﬂuid interaction area, and (3) the equilibrium constant (log K) for the basaltic glass surface hydrolysis reaction. Of these parameters, the equilibrium constant is
likely the poorest constrained – the equilibrium constant
for the surface layer of this glass has not been determined
experimentally. In this study log K was estimated from the
sum of amorphous oxides solubilities assuming the surface
contains only Si and Al. Ferric ion was not included in the
basaltic glass leached layer due to its low concentration in
the glass structure (Wolﬀ-Boenisch et al., 2004). A number
of recent studies, however, suggests that the presence of a
minor quantity of Fe in a silicate structure can slow significantly its dissolution rates (e.g. Daval et al., 2013; Saldi
et al., 2013). The sensitivity of model results to log K variation can be seen in Fig. 15. Decreasing the log K value in
Eq. (1) from 1.07 of 0.85 yielded a close agreement between the modelled and measured element concentrations
during pure water–basaltic glass interaction experiment.
Nevertheless, if secondary mineral precipitation was considered, the model calculations again failed signiﬁcantly (see
Fig. 15b). Using this same log K to describe the two CO2charged water experiments also yielded a closer match between modelled and measured element concentrations;
however, the model results failed to reproduce the variation
of ﬂuid concentrations as a function of distance along the
ﬂow path (e.g. the strong increases in the ﬂuid concentrations of numerous elements along the ﬂow path – see
Fig. 15c, d, e, and f). The description of these ﬂuid concentration variations is critical to modelling the distribution
and quantity of precipitated secondary minerals including
carbonates along the ﬂow path.
Overall there is a poor match between geochemical modelling and experimental results. This poor description of the
measured ﬂuid compositions underscores the challenges of
predicting the fate and consequences of CO2 injected into
the subsurface during carbon storage eﬀorts. There are
likely a number of sources of these observed discrepancies.
First is the poor choice of secondary minerals. The selection

of secondary phases attaining local equilibrium with the
ﬂuid controls to a large extent the mobility of modelled element concentrations and the dissolution rate of the basaltic
glass. A second factor inﬂuencing the modelling results is
the poor understanding of the thermodynamic properties
of minerals such as clays and zeolites (c.f. Oelkers et al.,
2009). Gysi and Stefánsson (2011) attempted to construct
a thermodynamic database for the clays and zeolites commonly observed in natural basaltic systems. The diversity
of the structures and compositions of clays and zeolites,
however, leads to signiﬁcant uncertainties in these results.
Simulations performed using a distinct log K for the hydrated basaltic glass surface layer (see Fig. 15) illustrates
how variations in thermodynamic properties can alter model results. Due to lack of experimental data on the thermodynamic properties of the hydrated basaltic glass its
dissolution rates can be overestimated. In addition, passivating layers, which can slow mineral and glass dissolution
rates are not included in the geochemical modelling calculations. A third factor is the lack of precipitation rate expressions for secondary minerals; such are a prerequisite for the
accurate modelling of the temporal and spatial composition
of reactive ﬂuids. Even if the ﬂuid is supersaturated with respect to a secondary phase, its precipitation rates may be
sluggish (e.g. Saldi et al., 2009, Schott et al., 2012). Also
as reported by Schott et al. (2012) rates close to equilibrium
are dependent on the availability of reactive surface sites for
the nucleation which is closely related to the history of the
mineral surface which is often unknown. The limitations of
current models of nucleation and precipitation kinetics are
discussed in Zhu and Lu (2009), Pham et al. (2011), and
Hellevang et al. (2013). Finally, errors in the estimation
of glass–ﬂuid interfacial surface area, due in part to ﬂuid
channelling, can contribute to the discrepancies between
modelled and experimental outlet concentrations. Fluid
channelling would tend to lower this surface area as some
surfaces may not be exposed to fresh reactive ﬂuid. As mentioned by many authors, mineral–ﬂuid interfacial surface
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Fig. 15. Comparison of reactive transport modelling calculation results with measured reactive ﬂuid concentrations for the pure water–
basaltic glass interaction experiment at an elapsed time of 2200 h (a, b), for the 22 °C CO2-charged water–basaltic glass experiment at an
elapsed time of 875 h (c and d), and for the 50 °C CO2-charged water–basaltic glass experiment at an elapsed time of 840 h (e and f). The
symbols correspond to the experimental results. The Si concentration is shown on the left axis and all other concentrations are presented on
the right axis. The model calculations were performed using a logarithm of the equilibrium constant for hydrated basaltic glass surface layer of
0.85, generated by a best ﬁt of the data shown in graph (a). Plots (a), (c), and (e) represent reactive transport modelling results obtained
assuming basaltic glass dissolved according to the rate expression given by Gislason and Oelkers (2003). Plots (b), (d), and (f) represent
reactive transport modelling results taking into account both this basaltic glass dissolution expression and assuming local equilibrium with
imogolite, goethite, heulandite, and Mg-saponite for the pure water experiment, and goethite(am), chalcedony and gibbsite for both CO2
experiments, respectively.

area is crucial to predict not only rates measured in the laboratory but also the rates of natural processes (e.g. Anbeek
et al., 1994; White and Brantley, 2003; Zhu et al., 2006;
Maher et al., 2009; Navarre-Sitchler et al., 2011, 2013; Gysi
and Stefánsson, 2011; Aradóttir et al., 2012; Paukert et al.,
2012; Trautz et al., 2012; Zheng et al., 2012).

4.3. Implications for CO2 mineral storage
The results presented above provide insight into in situ
mineral storage eﬀorts in basaltic rocks. As the experimental
results and natural observations reveal, CO2 will not be
ﬁxed as carbonates during the ﬁrst hours of water–basalt
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interaction in ﬂow systems. In contrast, this region is
dominated by primary rock dissolution. This observation
favours the industrial scale injection of CO2 into subsurface
basalts as it will tend to increase porosity and permeability
near the well outlet. Nevertheless, some Si–Al bearing phase
precipitation cannot be excluded. A potential risk associated
with such secondary Si–Al bearing phase formation is
the passivation of the primary rock, slowing its further
dissolution (e.g. Daval et al., 2011; Schaef et al., 2013). The
only potential for carbonate precipitation near the injection
well is at the beginning of CO2-charged water injection,
where mixing of CO2 with natural alkaline groundwater
could lead to carbonate precipitation. This was evidenced
by the reactive ﬂuid composition during the ﬁrst hours of
the 22 °C CO2-charged water experiment, which was the only
time during the CO2-charged experiments that the ﬂuid
became supersaturated with respect to carbonate minerals.
The potential for carbonate formation via dilution and
mixing of CO2-charged waters with alkaline groundwater
was discussed in detail by Wolﬀ-Boenisch (2011).
The column reactor is a natural analogue for the migration of magmatic CO2 rich groundwater in the vicinity
of volcanoes or geothermal systems (e.g. Flaathen and
Gislason, 2007; Olsson et al., 2012a). When the CO2-charged
groundwater emerges at the surface, some of the CO2 degasses leading to the supersaturation of the ﬂuid with respect
to carbonate minerals provoking their precipitation (e.g.
travertine deposits). During the two CO2-charged water–
basalt interaction experiments 10 grams of carbonates were
calculated to have precipitated as a result of CO2 degassing
at the outlet (4 g during the 22 °C and 6 g during the
50 °C experiment) suggesting that divalent cation harvesting
from basalts using CO2-charged waters could be used for
CO2 storage. Carbonates precipitation can also scavenge
some metals such as Al, Fe, Cd, Cu, Mn, and Sr (e.g. Olsson
et al., 2012a). Such processes could be enhanced by decreasing the ﬂuid ﬂow rate, decreasing the basaltic glass grain
size, and by elevating the temperature.
5. CONCLUSIONS
This experimental study of CO2-charged water basaltic
glass interaction provides a number of insights relevant to
mineral carbonation eﬀorts and natural CO2-rich systems:
1. The pH increase from 3.4 to 4.5 of the CO2-rich inlet
ﬂuid does not immobilize toxic elements at ambient temperature but immobilizes Al and Cr at 50 °C. This indicates that further neutralization of CO2-charged water is
required for decreased toxic element mobility.
2. The CO2-charged water injection enhances the mobility of
redox sensitive Fe2+ signiﬁcantly making it available for
the storage of injected carbon as iron carbonate minerals.
3. The precipitation of aluminosilicates likely occurred at a
pH of 4.2–4.5 in CO2-charged waters. These secondary
phases can (1) ﬁll the available pore space and therefore
clog the host rock in the vicinity of the injection well,
and (2) incorporate some divalent cations limiting their
availability for carbon storage.

4. The inability of simple reactive transport models to
describe accurately the ﬂuid evolution in this well constrained one dimensional ﬂow system suggests that significant improvements need to be made to such models
before we can predict with conﬁdence the fate and consequences of injecting carbon dioxide into the subsurface.
5. Column reactors such as that used in this study could be
used to facilitate ex situ carbon mineral storage. Carbonate precipitation at the outlet of the reactor suggests that
the harvesting of divalent metals from rocks using CO2charged waters could potentially be upscaled to an
industrial carbonation process.
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Arnórsson S. (2003) Arsenic in surface- and up to 90 °C ground
waters in a basalt area, N-Iceland: processes controlling its
mobility. Appl. Geochem. 18, 1297–1312.
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