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Abstract
It is important to study the rate determining processes of chemical weathering and soil formation in volcanic islands since a significant part of the
carbon fixed by chemical weathering of silicates on Earth is fixed at the surface of volcanic islands. These soils are fertile and much of the river
suspended matter delivered to the ocean stems from these islands. This study determines the factors that drive the pedogenesis of a Histic Andosol in
Western Iceland. Soil solutions were extracted from the profile in the field, from undisturbed ex situ mesocosms and from repacked laboratory
microcosms. Concentrations of measured and calculated inorganic species in the field and experimental soil solutions were used for thermodynamic
and kinetic interpretation, and to calculate the weathering rates.
The main primary rock constituent of the 205 cm thick soil profile was basaltic glass, allophane content ranged from 2 to 22% and the soil
carbon content ranged from 11 to 42%. Mean soil solution pH value ranged from 4 to 6 with the lowest value at 80 cm depth and highest between
150 to 205 cm. The high solute concentrations in soil solutions in the beginning of the microcosm weathering experiment declined faster for
anions than cations. Under field conditions inorganic anions were supplied by marine and anthropogenic rather than pedogenic sources and hence
these anions were subsequently leached out during the experimental duration when there was a limited input of anions through experimental
precipitation. The factor, which defined the rate at which each ion was depleted from the exchange complex of the soil, decreased down the soil
profile. The release sequence at 50 cm depth was Cl N Na N SO4 N F N Si. The Si and base cations experimental weathering rate when normalized to
geographical surface area are similar to or lower than those measured from river catchments in Southwestern Iceland. The dissolved Al flux was
much higher from the soil when compared to the river catchments.
Field and experimental soil solutions were all highly undersaturated with respect to basaltic glass. Field and mesocosm samples were
supersaturated with respect to secondary allophane and imogolite, while samples from the microcosms were often undersaturated with respect to
allophane and imogolite. Predicted dissolution rate was dictated by the soil solution aH+3/aAl3+ activity ratio but slowed down by up to 20% and 30%
by decreasing undersaturation in field and mesocosms respectively. Predicted dissolution rates according to the aH+3/aAl3+ activity ratio increased
up to factor of 7, 30 and 37 by speciating Al3+ with oxalate in field, mesocosms and microcosms respectively. Speciation with oxalate, which
represents the maximum effect of the dissolved organic carbon (DOC) on dissolution rates, generally had more effect near the surface than at deep
levels in the soil profile. This study shows that at fixed temperature, reactive surface area, and composition of the volcanic glass in the soil, the
chemical weathering rates of Andosols are dictated by: 1) aeolian deposition rates and drainage, which affect the saturation state and the aH+3/aAl3+
activity ratio, 2) the production of organic anions within the soil, and 3) external supply of anions capable of complexing Al3+.
© 2008 Elsevier B.V. All rights reserved.
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Andosols, soils derived from volcanic material, cover about
1.9% of the terrestrial surface, store about 4.9% of the Earth's
carbon (Eswaran et al., 1993), and host sustainable agriculture
in the vicinity of active and/or extinct volcanoes (Kimble et al.,

B. Sigfusson et al. / Geoderma 144 (2008) 572–592

2000). About 45% of the suspended river material carried to the
ocean comes from volcanic islands, and 30% of the long term
sequestration of carbon fixed by chemical weathering of silicates
in the terrestrial environment of the Earth, occurs on basaltic rocks
on the continents and the volcanic islands (Milliman and Syvitski,
1992; Dessert et al., 2003). Thus it is important to study the rate
determining processes of chemical weathering and soil formation
in volcanic terrain. Iceland is the largest part of the Earth's ocean
ridge system that is above sea level. The volcanic activity of the
island drives soil forming processes, with approximately 54% of
the soils being Andosols. Andosols of Iceland have been classified on the basis of two pedogenic factors, deposition of aeolianandic parent materials and drainage (Arnalds, 2004).
The dominant secondary minerals found in Icelandic Andosols
include allophane, imogolite and poorly-crystalline ferrihydrite
(Wada et al., 1992). It is acknowledged that the stability of
allophane increases with lowered Al/Si ratio of the mineral and
increased concentration of dissolved silica in the soil solutions
(Stefansson and Gislason, 2001). Imogolite is commonly found in
association with allophane in nature but has a more constant Al/Si
ratio of 2:1 (Yoshinaga, 1970).
Thermodynamic phase diagrams for mineral water systems
have been used to study pedogenesis of soils (Manley et al.,
1987). Manley et al. (1987) considered the system Al2O3–SiO2–
H2O to be a fundamental system in soil science, since it is the
simplest one that contains several equilibria of importance in soil
genesis (Kittrick, 1969; Chesworth, 1975). Metastable minerals
are common in Andosols, hence kinetic factors are as important as
the equilibrium in which minerals actually form and chemical
weathering rates are much higher in comparison to the global
mean (Dahlgren et al., 1993; Gislason et al., 1996; Louvat and
Allegre, 1997; Dessert et al., 2003). The most important rock
constituents in Andosols are aluminium silicates; glass and feldspars. The rate determining step in their dissolution is the breaking
of Si–O bonds, which is governed by the proton to Al3+ activity
ratio in soil solutions (Oelkers, 2001) and can be described by the
function:
 3 1=3
a þ
ri ¼ ks H
aAl3þ

ð1Þ

where k denotes a rate constant, s stands for the surface area, and
ai designates the aqueous activity of the subscribed species.
According to Eq. (1) dissolution rate of glass will increase with
increased H+ activity and decrease with increase Al3+ activity
(increased Al concentration or decreased aqueous Al complex
formation).
The dissolution rate expression for basaltic glass (Eq. (2))
(Gislason and Oelkers, 2003) with the addition of the saturation
effect (ΔGr) of the hydrated glass with respect to the reacting
solutions (Daux et al., 1997) can be written as
r ¼ AA exp ð RT Þ
EA

r



a3Hþ
aAl3þ

1=3 

1  exp ðrRT Þ
DGr



ð2Þ

geometric surface area normalized steady-state basaltic
glass dissolution rate,

AA
EA
R
T
ai
ΔGr
σ
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constant equal to 10− 5.6 (mol of Si)/cm2/s,
pH independent activation energy equal to 25.5 kJ/mol
gas constant,
temperature in K
activity of the subscripted aqueous species
Gibbs free energy of the reaction (J/mol)
the Temkin's average stoichiometric number.

When the undersaturation, ΔGr, is less than − 11 kJ mol− 1
at 25 °C the last term in Eq. (2) is between 0.99 and 1 and the
dissolution rate is independent of the saturation state of the
dissolving hydrated glass (Daux et al., 1997; Gislason and
Oelkers, 2003). When ΔGr is − 4 kJ mol− 1 the last term is 0.8
and the dissolution rate is slowed down by 20%. At fixed
temperature and high undersaturation, − ΔGr, the dissolution
rate of the basaltic glass is determined by the activity ratio;
aH+3/aAl3+, of the soil solutions.
During the past decades there has been research focus in
assessing weathering rates of forest soils and their susceptibility
to acidification (e.g. van der Salm and de Vries, 2001). There has
been less focus on studying weathering rates of soils developed
from mafic parent materials (van der Salm et al., 1998; Grieve,
1999) and their response to acidification. Weathering rates of
felsic minerals are generally slower than for mafic minerals, and
natural glasses, a very important component of Andosols, are
known to dissolve faster than crystallised rocks of the same
composition (Gislason and Eugster, 1987; Chadwick and
Chorover 2001; Wolff-Boenisch et al., 2004a,b). The dissolution
rates of minerals and natural glasses decrease with increasing Si/O
ratio. Furthermore, the difference in weathering rates between
the glass and minerals increases with increasing Si/O ratio (WolffBoenisch et al., 2006).
Field measurements based on dynamic budgets of catchments
and soil profiles (e.g. Gislason et al., 1996; Starr et al., 2003)
have been used to study weathering. Studies require to be conducted over many years to reduce uncertainties. Bain et al.
(1993) studied the depletion of elements with respect to parent
material by using detailed chemical analyses over a comparatively shorter period of time. Calculated chemical weathering
rates obtained by these procedures are always slower than rates
derived from dynamic budget studies at a catchment scale
(Langan et al., 1996). Langan et al. (1996) suggested this difference because current weathering rates predicted from river
catchment studies were faster than those in the past. As an
alternative to field studies, laboratory methods are widely used
(Duan et al., 2002). White and Brantley (2003) reported that
laboratory determined weathering rates were more rapid by
orders of magnitude than field weathering rates on account of
higher fluid/mineral ratios and shorter reaction times. Dahlgren
et al. (1999) reported that field-weathering rates of pristine
St. Helens tephra were 1–3 orders of magnitude slower than
those of laboratory studies.
Laboratory soil column studies can quantify the transfer of
solutes and the reactions of mobile and immobile phases in
complex soil systems (Qafoku et al., 2000). Duan et al. (2002)
studied weathering rates of soils in China and reported that
results from leaching experiments using repacked soil columns
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Fig. 1. Location of sampling site, Klafastaðir in Hvalfjordur fjord is depicted by a star modified from Sigfusson et al. (2005). Shaded area on inset figure represents
active volcanic rift zones (modified from Johannesson and Saemundsson, 1998). Areas of most active volcanism during the Holocene are situated in eastern zones
rather than the western zone which lies nearest to the sampling site.

did not differ from those estimated by the geochemical models
PROFILE (Warfvinge and Sverdrup, 1992) and MAGIC (Cosby
et al., 1985). Sigfusson et al. (2005) compared laboratory
column studies and field studies and concluded that laboratory
studies could be used to study long term changes in soils through
relatively short experimental duration compared to field studies.
The objective of this study was to determine the factors that
drive the pedogenesis of a Histic Andosol in Iceland. Soil solutions were extracted from the profile in the field, from undisturbed
ex situ mesocosms and from repacked laboratory microcosms.
Concentrations of measured and calculated inorganic species in
the soil solutions were used for thermodynamic and kinetic
interpretation and to calculate weathering rates. Combination of
results from field and experiments as conducted in this study adds
to the understanding of rate determining processes of chemical
weathering and soil formation in the volcanic terrains of the Earth.
2. Materials and methods
2.1. Study area
The soil was sampled at Klafastadir in Hvalfjördur, Western
Iceland (Fig. 1). In this study the field site was selected because
of its relative tectonic stability and low influx of aeolian deposition (∼ 0.1 mm year− 1 or 115 g m− 2 year− 1). The soil at the
site is a poorly drained Histic Andosol situated 200 m inland
receiving input from marine source. It was located in the vicinity
of aluminium refinery and ferrosilicon factory. The mean annual
precipitation was 870 mm and mean precipitation from May to

November was 540 mm (The Icelandic Meteorological Office,
unpublished data). Precipitation from December to May had
insignificant importance for weathering since the soil was frozen
during that period. The 2 m thick soil, a Histic Andosol was
younger than 10,000 yr. Key pedogenic and physicochemical
data are shown in Table 1.
2.2. Collection and analysis of field soil solution
Soil solution was sampled in the field at 15, 35, 50, 80, 115,
150, 205 cm depths with soil solution samplers made of PTFE
(Teflon) and quartz (Prenart, Denmark). Detailed description of
sampling procedure was reported by Sigfusson et al. (2005).
Initial measurements and subsampling of solutions were
carried out in the following order. Twenty ml of the solution was
poured into a bottle that was immediately screwed onto a Pt
electrode for the measurement of Eh. Fifty ml of the solution was
poured into a 50 ml Erlenmeyer flask with gas-tight lid and the
dissolved oxygen (DO) determined by Winkler titration (Grasshoff, 1983). Forty ml of the sample was pipetted into a beaker for
H2S determination by titration (Archer, 1955). Fifty ml was
pipetted into a beaker and pH was measured immediately. Dissolved inorganic carbon (DIC) was measured by back titration
(Arnorsson et al., 2000). After titrations the Eh value was recorded. A 200 ml aliquot was filtered through 0.2 μm cellulose
acetate membrane into a 200 ml LDPE bottle for analysis of
anions (SO42−, Cl− and F−). Then 30 ml of the sample was filtered
into acid washed (1 M HCl) polycarbonate bottle and acidified
with 0.4 ml of 1.2 M HCl for analysis of dissolved organic
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Table 1
Key pedogenic and physicochemical data of the soil a
Horizon b

Depth

pHH2O

pHCaCl2

cm
A/O/Bw
2O
3Bw
3O
4O/Tephra
5O
5O
Horizon

A/O/Bw
2O
3Bw
3O
4O/Tephra
5O
5O
a
b
c
d
e
f
g
h

0–15
15–35
35–50
50–80
80–115
115–150
150–170

5.17
5.06
4.97
4.82
3.93
4.59
4.53
Depth

4.62
4.53
4.71
4.45
3.88
4.48
4.45

ρs c

Total C

Total N

g cm− 3

%d

%

0.3
0.22
0.76
0.25
0.38
0.26
0.25

22.49
24.5
11.06
22.01
25.2
33.36
41.84

1.49
1.52
0.67
1.18
1.21
1.62
1.84

CEC f
−1

cm

cmolc kg

0–15
15–35
35–50
50–80
80–115
115–150
150–170

35.7
31.0
31.9
44.5
43.3
57.8
55.4

soil

C/N
ratio e

Allophane

Ferrihydrate

%

%

17.6
18.8
19.2
21.8
24.2
24
26.9

3.8
1.7
22.7
8.9
3.8
3.6
2.5

2.5
2.5
3.8
5.3
2.4
0.6
0.8

BS g

Aluminium saturation h

%

%

20.4
17.4
10.1
9.6
13.5
29.8
24.4

20.0
20.5
16.2
5.5
37.4
4.0
4.8

See description in Section 2.3: collection of soil.
Soil horizons according to FAO (1998).
ρs = dry bulk density.
All % values are weight %.
Molar ratio.
Cation exchange capacity measured at pH 4.5 with 1.0 M acidified NaCl.
BS = base saturation, percentage 1.0 M ammonium acetate extractable base cations on exchange complex at pH 7.0.
Percentage of 1.0 M ammonium acetate extractable aluminium at pH 7.0.

carbon (DOC). Thereafter 4 × 20 ml were filtered into acid
washed (1 M HCl) HDPE bottles for analysis of NO3− , NO2− ,
NH4+ and PO43− . Finally, 100 ml of the sample was filtered into
acid washed (1 M HNO3) HDPE bottles and 1 ml of conc.
HNO3 (Suprapure, Merck) for analysis of cations (Ca, Mg, Na,
K, Fe, Al), and Si.
Anions were analysed by ion chromatograph (Dionex 4500i).
DOC by high temperature oxidation using a Shimadzu 5000
Total Organic Carbon Analyser. The NO3−, NO2−, NH4+ and PO43−
samples were maintained frozen and then analysed by an
Alpkem Autoanalyzer. Cations were analysed in ICP-AES
(Thermo Jarrel Ash IRIS) and ICP-MS (Agilent 7500i).

(Soil Survey Staff, 1996). Bulk density was determined by the
Core Method (Blake, 1965). Total carbon and nitrogen were
analysed with flash combustion by a NCS analyser (Fisons Instruments NA1500). Oxalate acid extractable Al, Si and Fe
were extracted from soil according to Blakemore et al. (1987).
Pyrophosphate extractable Al was assumed to be similar to values
for similar Icelandic soils (Arnalds, 2004, personal communication). Allophane content was obtained by multiplying oxalate
extractable Si by 6 (Parfitt, 1990). Ferrihydrite content was calculated by multiplying oxalate extractable Fe by 1.7 (Parfitt and
Childs, 1988). Exchangeable base cations (Ca, Mg, K and Na) and
aluminium and cation exchange capacity were measured according to Schollenberger and Simon (1945) and Rhoades (1982).

2.3. Collection of soil for ex situ intact mesocosms, repacked
microcosm and general characterisation

2.4. Construction of repacked microcosms

Soil was sampled as intact soil cores (Sigfusson et al., 2005)
by inserting and then removing three 50 cm diameter black
HDPE pipes into the soil (Fig. 2).
The cores were transported to Aberdeen and stored upright
under a transparent polycarbonate roof allowing sunlight to
reach the vegetation on top of the soil cores. One of the cores was
then destructively sampled and split into the horizons defined at
the field site. The soil from this core was used for repacked
microcosms and for physical and chemical characterisation
(Fig. 2 and Table 1). The remaining two cores were left intact
for the mesocosm experiment and irrigated every two weeks to
prevent them from drying out.
The soil was classified (Table 1) according Arnalds (2004).
Soil pH values were measured both in H2O and 0.01 M CaCl2

Soil was dried to 50% water holding capacity (w/w) and then
sieved through a 2 mm sieve. Organic residues were removed
and discarded.
Soil was mixed with acid washed and DI water rinsed HDPE
beads (9:1 w/w) to ensure even flow of leaching solutions and to
prevent blockage due to translocation of clay minerals. Soil was
then packed (at field bulk density values) into a 10 cm diameter
PVC tube with a 1 cm layer of prewashed non-absorbent cotton
wool between each horizon (Fig. 2). The topsoil was covered with
one sheet of Watman no. 1 filter paper beneath 3 cm thick layer of
HDPE beads. This distributed input solution to topsoil and covered
soil from daylight. The experiments were conducted in triplicate.
Precipitation from May to November (540 mm) in the field
was used as annual precipitation (the soil was frozen from
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Fig. 2. Sampling and experimental setup modified from Sigfusson et al. (2005). Cores for mesocosm and microcosm experiments were taken 3 m downhill from field
sampling site after solution sampling had been carried out. Mesocosm was undisturbed but microcosms were repacked from sieved soil. Actual height of microcosms
was 3 times less than showed in the figure.

December to April). Fourteen hundred and fourteen ml of DI
water was equivalent to one year's precipitation. During the
microcosm experiment 74.7 l were leached through each replicate
simulating 52.8 years of precipitation. A peristaltic pump (Cole
Parmer Masterflex L/S) was switched on for 1 h with flow rate of
1.8 ml min− 1 and then switched off for 1 h enabling a steady
outflow of 0.9 ml min− 1 at the base of soil columns per day
throughout the experiment.
2.5. Collection and analysis of experimental gas and aqueous
solutions
Samples of soil solution from the microcosms and
mesocosms were taken from the base of each horizon (Fig. 2)
with inert hollow fibre soil moisture samplers (Eijkelkamp, The
Netherlands). The samplers were cleaned by drawing 60 ml of
5% HNO3 solution through the samplers and rinsed five times
in the same way with DI water. The samplers were connected
with a 3-way valve to a 60 ml Luer lock polypropylene (PP)
syringe that had previously been filled with 20 ml of nitrogen
gas as a headspace. The syringe was then fully opened and kept
open to yield a 670 mb suction. Soil solution flowed into the
syringe yielding 40 ml of soil solution that equilibrated with
20 ml of nitrogen gas overnight.
After sampling, syringes were closed and then transferred
for preparation and analysis. A known amount of gas (5 ml for
microcosms and 2–5 ml for mesocosms respectively) from the
equilibrated headspace in the syringe was transferred to a 20 ml
gas-tight nylon syringes and diluted to 20 ml with nitrogen gas.
Then 15 ml of soil solution was transferred into a 15 ml PP vial
and pH was measured. This sample was also used for the analysis
of DOC. Ten ml was then injected into another PP vial for the
analyses of cations and silicon and the remaining solution was
injected into the third PP vial for the analysis of the anions. All
samples for cation measurements were acidified with 0.1 ml of
concentrated HNO3 (Gislason et al., 2002).

Soil solution DIC was determined by headspace analysis
(Kling et al., 1991) using the calculation described by McDonald
and Gulliver (1990). The CO2 was analysed using gas chromatography (Chrompack 9001).
Dissolved organic carbon (DOC) was measured using a
Labtoc® instrument (Pollution Process Monitoring). The cations
Ca and Mg were measured by FAAS (Perkin Elmer AAnalyst
100) with LaCl3 as matrix modifier, the cations Na and K by
FAES (Perkin Elmer AAnalyst 100) and Fe and Al were measured
by GFAAS (Perkin Elmer Atomic Absorption Spectrometer
3300) with Mg(NO3)2 as matrix modifier. Silica was measured in
a FIA Star 5010 Analyser by silica molybdate blue method
(Perstop application note ASTN 4/92). Anion measurements
(SO42−, F−, Cl−, and NO3−) were made by ion chromatograph
(DIONEX 4500i).
2.6. Saturation state of components in the soil
Two internally consistent data sources were used to construct
thermodynamic phase relation diagrams and aqueous activities
of dissolved species; a) data consistent with those reported by
Robie et al. (1979) and the data base in the PHREEQC program
(version. 2.10 with data base phreeqc.dat, Parkhurst and Appelo,
1999), b) data consistent with those reported by Stefansson and
Gislason (2001) and the modified WATCH program (Arnorsson
et al., 1982; Arnorsson et al., 2002).
The two approaches were used to address the uncertainty in
thermodynamic modelling of soil solutions. The thermodynamic
properties of the phases are given in Table 2. Hydrated basaltic
glass from Stapafell, Iceland represented the parent material
of the soil profile (Oelkers and Gislason, 2001; Gislason and
Oelkers, 2003). Equilibrium constant for the dissolution of
the hydrated glass was generated assuming the glass was a
mechanical mixture of amorphous silica (SiO2) and amorphous
aluminium hydroxide (Al(OH)3) (Wolff-Boenisch et al., 2004b).
The values for the hydrated basaltic glass differ because of
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Table 2
Thermodynamic properties of the phases considered in the study
Phase

Reaction

log K

PHREEQC compatible data:
Am (SiO2)
Qz
Am Al(OH)3
Gibbsite
Allophane 1:1
Halloysite
Imogolite

SiO2 + 2H2O = H4SiO4
SiO2 + 2H2O = H4SiO4
Al(OH)3 + 3H+ = Al3+ + 3H2O
Al(OH)3 + 3H+ = Al3+ + 3H2O
Al2O3·2SiO2·3H2O + 6H+ = 2Al3+ + 2H4SiO4 + 2H2O
Al2Si2O5(OH)4 + 6H+ = 2Al3+ + 2H4SiO4 + H2O
Al2O3·SiO2·2H2O + 6H+ = 2Al3+ + H4SiO4 + 3H2O

2.95
3.96
11.49
8.04
7.62
9
12

1
1
2
1
3
1
4

WATCH compatible data:
Am (SiO2)
Qz
Am Al(OH)3
Gibbsite
Imogolite
Allophane 2.02
Allophane 1.64
Allophane 1.26

SiO2 + 2H2O = H4SiO4
SiO2 + 2H2O = H4SiO4
Al(OH)3 + 3H+ = Al3+ + 3H2O
Al(OH)3 + 3H+ = Al3+ + 3H2O
Al2SiO3(OH)4 + 6H+ = H4SiO4 + 2Al3+ + 3H2O
Al2O3SiO2·2.53H2O + 6H+ = H4SiO4 + 2Al3+ + 3.53H2O
Al2O31.22SiO2·2.5H2O + 6H+ = 1.22H4SiO4 + 2Al3+ + 3.06H2O
Al2O31.59SiO2·2.63H2O + 6H+ = 1.59H4SiO4 + 2Al3+ + 2.55H2O

2.715
3.75
10.72
8.48
14.53
15.15
13.86
12.28

5
5
6
7
8
9
9
9

Aqueous aluminium hydroxy species:
Al(OH)−4 = Al(OH)3 + OH−
Al(OH)3 = Al(OH)+2 + OH−
Al(OH)+2 = Al(OH)+2 + OH−
Al(OH)2+ = Al+3 + OH−

− 6.82
− 7.85
− 8.67
− 9.01

Reference

10
10
10
10

1 Robie et al. (1979).
2 Fritz and Tardy (1973).
3 Manley et al. (1987).
4 Farmer and Fraser (1982).
5 Gunnarsson and Arnorsson (2000).
6 Naumov et al. (1971).
7 Hemingway et al. (1977).
8 Stefansson and Gislason (2001), experimental data Su and Harsh (1994,1996).
9 Stefansson and Gislason (2001), experimental data Su and Harsh (1998).
10 Arnorsson and Andresdottir (1999).

different thermodynamic properties of the amorphous silica and
Al(OH)3 within the two data bases (Table 2).
The main difference in the two approaches stems from difference in the Gibbs free energy of formation for the aqueous Al3+
and the H4SiO4° species, the difference in the dissociation
constants for the dissolved aluminium species, and the solubility
of quartz, amorphous silica and amorphous aluminium (Naumov
et al., 1971; Fritz and Tardy, 1973; Robie et al., 1979; Gunnarsson
and Arnorsson 2000).
Thermodynamic data for the construction of the solubility of
the Si–Al phases in diagrams used with PHREEQC are those
referred to by Manley et al. (1987). The silica polymorphs,
gibbsite and halloysite are from Robie et al. (1979), amorphous
Al(OH)3 from Fritz and Tardy (1973), imogolite from Farmer
and Fraser (1982) and allophane solubility was estimated by
Manley et al. (1987). The equilibrium constant for hydrated
Stapafell basaltic glass hydrolysis, consistent with the reaction
SiAl0:36 O2 ðOHÞ1:08 þ 1:08Hþ þ 0:92H2 O ¼ H4 SiO4 þ 0:36Al3þ

ð3Þ

was estimated from the stoichiometrically weighted sum of the
amorphous silica (Robie et al., 1979) and amorphous gibbsite
(Fritz and Tardy, 1973) hydrolysis reactions (Bourcier et al., 1990;
Oelkers and Gislason, 2001; Wolff-Boenisch et al., 2004b). The

data for amorphous silica (Robie et al., 1979) and amorphous
gibbsite (Fritz and Tardy, 1973) was selected to be consistent with
the secondary minerals in the figures.
Thermodynamic data for the construction of the solubility of the
Si–Al phases in diagrams used with WATCH are those referred to
by Stefansson and Gislason (2001). Stefansson and Gislason
(2001) wrote all the dissolution reactions with respect to the
dominating Al species at high pH; Al(OH)4−. The dissociation
constants of Arnorsson and Andresdottir (1999) were used to write
all the dissociation reaction of Al containing minerals with respect
to Al3+. Amorphous Al(OH)3 solubility is from Naumov et al.
(1971), solubility of silica polymorphs from Gunnarsson and
Arnorsson (2000), and the one of macro-crystalline gibbsite from
Hemingway et al. (1977). Imogolite solubility is based on Su and
Harsh (1994, 1996) and allophane on Su and Harsh (1998) as
justified in Stefansson and Gislason (2001). The equilibrium constant for hydrated Stapafell basaltic glass hydrolysis, was estimated
as described from the stoichiometrically weighted sum of the
amorphous silica and amorphous gibbsite. To make it internally
consistent with the secondary phases in the diagram, the solubility
constants of Naumov et al. (1971) for the amorphous Al(OH)3 and
Gunnarsson and Arnorsson (2000) for amorphous SiO2 were used.
Oxalate, a strong complexing organic ligand was used to
represent the measured DOC (Chadwick and Chorover, 2001)
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Fig. 3. Concentrations of components in soil solutions from microcosm experiments as a function of depth and time (volume). Field values at zero volume are shown
for comparison. Sampling points are defined where two lines intersect on the individual surfaces.
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Fig. 4. Concentrations of cations in soil solutions from field (volume = 0 ml) and microcosm experiments as a function of depth and time (volume). Sampling points are
defined where two lines intersect on the individual surfaces.

in soil solutions. Speciation of Al 3+ was calculated by the
PHREEQC model both in the presence and absence of oxalate
before being projected onto phase diagrams in the system
Al2O3–SiO2–H2O at 25 °C.

Similarly fluxes through horizons in repacked microcosms
were calculated on mass basis by:
Annual f lux Amolc g1 year1
¼

2.7. Fluxes and weathering rates




Steady state concentrationðoutput  inputÞ mmolc l1  precipitationðl year1 Þ
:
Soil massðgÞ

ð5Þ
Weathering rates of repacked microcosms were calculated
according to Duan et al. (2002). A mean was calculated from
concentrations of solutions in final sampling points (mM) that
did not differ significantly (p b 0.05). The weathering rate of
n-th element was then calculated by:
Weathering rate kmolc ha−1 year1
¼




Steady state concentration mmolc l1  precipationðl year1 Þ  100
:
Area of microcosmðm2 Þ

ð4Þ

2.8. Statistical analysis
The statistical software package Sigmastat 3.0 (SPSS
Scientific) was used to carry out all statistical analysis. A
regression analysis was carried out to analyse relations between
physicochemical properties of the soil.
If a normality test was passed, a one-way ANOVA was
carried out to study if concentration of the individual variables
changed significantly with depth (Student–Newman–Keuls
method). If the normality test failed, a Kruskal–Wallis one-
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Fig. 5. Concentrations of anions from soil solutions in field (volume = 0 ml) and microcosms as a function of depth and time (volume). Sampling points are defined
where two lines intersect on the individual surfaces. Note the scale (mM) on b.

way ANOVA on ranks test was carried out. A t-test was used to
compare individual sampling methods in intact soil mesocosms. A further t-test was carried out to confirm if steadystate fluxes of components had been reached between final
sampling points at all depths. All levels of significance are
expressed as p ≤ 0.05.
3. Results
3.1. Soil characteristics
Soil characteristics are summarised in Table 1. There were
identifiable ash layers such as “The Landnam tephra layer” from
the 870s AD (Gronvold et al., 1995) at 50 cm depth. The horizon
containing the lowest amount of carbon (11%) was above the
Landnam tephra layer from 50 to 35 cm depth. Other horizons
ranged from 22 to 42% carbon (Table 1). Cation exchange
capacity (CEC) at pH 7 and ammonium acetate extractable bases

increased with rising carbon content (Table 1). The CEC
values changed from 35.7 cmolc kg− 1 at 15 cm depth to
31.4 cmolc kg − 1 at 35 and 50 cm depth. At 80 cm depth values
increase to 44.5 cmolc kg− 1 and to 55.4 cmolc kg − 1 at 170 cm
depth. Percentage of extractable bases decreased from 20.4% at
15 cm to ∼10% at 50 and 80 cm depth but then increased to
∼25% at 150 and 17 cm. Ammonium acetate (pH 7) extractable
aluminium decreased from 20% of CEC at 15–35 cm to 6% of
CEC at 80 cm. Aluminium occupied 37% of the cation exchange
complex at 115 cm but only occupied 5% at 150 and 170 cm.
3.2. Soil solution characteristics
The sampling techniques showed significant differences for
the values of pH, DIC and DOC (Sigfusson et al., 2005). The
pH values in the mesocosms were 0.3, 0.5 and 1.2 pH units
lower at 35, 50 and 80 cm depths respectively with Rhizon
samplers than suction cups. The DIC concentrations were 1.1 to
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4.7 times higher with Rhizon samplers in the same solutions.
The pH values were higher in solutions sampled with Rhizon
samplers than suction cups at 115 cm depth. Field samples were
sampled with suction cups but mesocosm samples that are used
for speciation calculations were sampled with Rhizon samplers.
There was no difference in concentrations of cations between
sampling methods in mesocosms.
Concentrations of all components except DOC in field
samples differed significantly from microcosm values after a
steady state had been reached (Figs. 3, 4 and 5).
Mean soil solution pH value at 15 cm depth in the field was
4.9 and increased by 0.3 pH units at 35 cm depth (Fig. 3a). A
significant drop in pH was observed from pH 5.2 at 35 cm to pH
4.1 at 50 cm depth and this corresponds with changes in the soil
chemistry (Table 1). The pH values decreased to 3.8 to 80 cm
depth but increased to 5.3 at 115 cm depth. Values increased
further, down to 150 cm depth where pH had reached 6.0 and
did not change significantly to 205 cm depth (pH = 6.1).
Soil solution pH values in the field at 15, 35 and 50 cm
depths were the same as the first sampling batch in microcosm
experiments but then values increased to above pH 5. Slower
increases in pH values were observed at 80 cm depth towards
pH values of 4.5. The pH values at 115, 150 and 170 cm for the
microcosms all dropped from field values of 4.6, 5.3 and 5.4
respectively to values of below 4.0. (Fig. 3a).
Measurements of DIC concentrations were variable down
the soil profile in field samples but increased significantly at
115 cm depth (Fig. 3b). DIC concentrations increased gradually
down the microcosm profile. There was a significant difference
in DIC concentrations between sampling methods in mesocosm
soil solutions. DOC concentrations in the field did not change
down the soil profile. Microcosm DOC concentrations were
characterised by a significant increase from field values at all
depths in the initial sampling batch but decreased rapidly to
concentrations near field values from surface to base of profile
(Fig. 3c).
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15 cm depth. Concentrations at 50 to 80 cm depth decreased
rapidly from field values to steady-state concentrations of 4.5
and 6.4 μM respectively. Concentrations at 115 cm depth increased from 20 μM in field solutions to 2700 μM in the first
batch of the microcosm extract and then exponentially decreased
to concentrations around 100 μM at the end of experiments. At
150 and 170 cm concentrations increased to 1800 and 1560 μM
respectively from field concentrations and decreased linearly to
concentrations around 100 and 180 μM respectively.
3.2.3. Iron
Iron concentrations decreased from 0.5 μM at 15 cm to
0.2 μM at 35 cm but then increased to 70 μM at 50 cm depth in

3.2.1. Silicon
Silicon concentrations increased from 0.19 mM at 15 cm
depth to 0.78 mM at 80 cm depth and did not change significantly in deeper horizons in the field solutions (Fig. 3d). In
the microcosms the concentration decreased exponentially at
depths from 15 to 80 cm depth towards a steady state at the end
of experiment. At depths from 115 to 170 cm concentrations
decreased rapidly from field values at all depths towards steady
state of 0.13 and 0.15 mM respectively.
3.2.2. Aluminium
Aluminium concentrations measured in the field were 6 μM
at 15–35 cm depths but then increased to 50 μM at 50 cm depth
(Fig. 3e). The concentration increased to 140 μM at 80 cm depth
but then decreased significantly to 20 μM at 115 before dropping
to 2 μM at 150 to 205 cm depth. Aluminium concentrations
increased to 20 μM at 15 cm depth at the first two sampling time
points in microcosms before reaching a steady state around
7 μM. The concentrations increased to 25 μM at 35 cm depth but
then reached higher steady-state concentrations of 15 μM then at

Fig. 6. Two different trends of concentrations in microcosm experiments. Figure
a shows how exchange complex was depleted of SO2−
4 at 50 cm depth that had
built up in field. Figures b (SO2−
4 at 150 cm depth) and c (Ca at 170 cm depth)
display how ions were leached out from exchange sites in higher concentrations
than in field and subsequently leached in low concentration as the experiment
proceeded.

582

B. Sigfusson et al. / Geoderma 144 (2008) 572–592

Table 3
Determined values for the factor b in exponential function y = y0 + a × exp(− bx)
where correlation between fitted function and sampling points had p b 0.001
Depth

Component b (⁎ 103)

(cm)

Cl

SO2−
4

Na

Si

F

15
35
50
80
115
150
170

nd
1.77
1.47
1.07
0.405
0.371
0.398

0.944
0.942
0.208
0.165
0.128
nd
nd

0.974
0.568
0.425
0.246
0.271
nd
nd

0.448
0.385
0.127
0.129
0.100
nd
nd

nd
nd
0.197
0.102
0.227
nd
nd

nd = curve not generated.

the field. At 80 cm, the concentrations increased to 560 μM but
reduced to value of 385 μM from 115 cm to 205 cm (Fig. 3f).
Concentrations of iron were always significantly lower at 15
and 35 cm depth in microcosm experiments than at same depths
in field solutions. Concentrations were also low at 50 cm depth
after having been at 70 μM in field solutions. The reduction in
concentration was not observed initially in microcosms at 80 to
170 cm depths but decreased and rose again towards the field
derived values as the experiments progressed. For iron, a steady
state was never reached.
3.2.4. Calcium
Mean Ca concentrations were 0.19 mM from the surface to
80 cm depth in field solutions (Fig. 4a). With depth,
concentrations increased to 0.69 mM at 205 cm. Concentrations
were always lower in microcosm experiments relative to field
values at 15–50 cm depths. Concentrations at 80 cm depth did
not differ from the field values at the first sampling time point
but then decreased. Concentrations increased significantly from
field values at 115 to 170 cm depths in the first microcosm
sampling point but then decreased exponentially towards steady
state in the end of experiments (Fig. 4a).
3.2.5. Magnesium
The profile of magnesium concentrations in field solutions was
different from the other cations (Fig. 4b). Concentrations had a
mean value of 0.23 mM at 15 to 35 cm depths but reduced
significantly to 0.18 mM at 50 to 115 cm depth before increasing
again to 0.44 mM at 205 cm depth. Concentrations were
significantly lower than field values at 15–80 cm depths in
microcosm experiments. Concentrations at 80 cm depth did not
change in the first sampling point from microcosms compared to
field values but then decreased. Concentrations increased significantly from field values at 115 to 170 cm depth in the first
microcosm sampling point but then decreased to values below
those in the field.
3.2.6. Sodium
Concentrations did not change down the field soil profile but
decreased exponentially at 15–80 cm depths during microcosm
experiments (Fig. 4c). Concentrations did not differ from field
values at the initial sampling point at 115 and 150 cm and for the

Fig. 7. Calculated release curves of ions from the exchange complex at 50 cm
depth. b values (×103) are in brackets. The exchange complex was depleted in
the following order: Cl N Na N SO4 N F N Si. Concentrations for F are multiplied
by 100 to get curve into scale. This did not affect calculated b value that defined
the release rate from exchange complex.

first two sampling points at 170 cm but then decreased swiftly
towards steady state. The ratio between Na and Cl was similar to
sea water throughout the field profile (mean 0.97; Figs. 4c and 5a).
This ratio was nearly always under 1:1 in microcosm solutions
after the first leachate but increased down the soil profile.
3.2.7. Potassium
Concentrations of K in the soil solutions from the field soil
profile increased gradually from 0.10 μM at 15 cm to 0.24 μM
at 150 cm depth and then increased significantly to 0.55 μM at
205 cm depth (Fig. 4d). Concentrations decreased from field
values in the microcosm experiment at all depths but did not
reach a steady state at any depth (Figs. 4d and 5d).
3.2.8. Chloride
The Cl was mostly marine derived and concentrations in the
field soil profile varied with mean values from 1.24 mM at 15–
35 cm depth to 0.91 mM at 80 cm depth and then returned to
1.15 mM at 205 cm depth (Fig. 5a). Concentrations in the
microcosms decreased rapidly at all depths to values below
0.05 mM. Chloride was still detectable at the end of microcosm
experiments at most depths (Fig. 5a).

Table 4
Fluxes of Si, Fe, Al, Ca, Mg and Na at base (out of) of individual soil horizons
Depth

Si

(cm)

(μmol g− 1 year− 1)

15
35
50
80
115
150
170

0.23
0.22
0.19
0.21
0.25
0.29
0.32

Al

Ca

Mg

Na

0.40
0.17
0.055
− 0.11
− 0.075
0.57
0.56

0.049
0.030
− 0.002
0.029
− 0.001
0.14
0.15

(μeq g− 1 year− 1)
0.083
0.29
−0.15
0.016
1.1
−0.026
2.7

0.97
−0.51
0.092
0.13
2.8
−1.9
4.3

Negative values indicate retention of component in corresponding soil horizon.
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3.2.9. Sulphate
A mean concentration of sulphate in field solutions from
15–50 cm was 0.43 mM. Concentrations increased significantly
to 1.14 mM at 80 cm depth but decreased again to mean
concentration of 0.65 mM from 115 to 205 cm depth (Fig. 5b).
Concentrations at 15–80 cm depth decreased exponentially from
field concentrations towards the end of experiment. Concentrations at 115 to 170 cm increased significantly from field values
at first sampling point in experiments but then decreased exponentially towards the final sampling point of experiments
(Fig. 5b). Sulphate concentrations were still declining between
sampling points when the experiment ceased.
3.2.10. Fluoride
Fluoride concentrations increased from 5.5 μM at 15 cm to
8.4 μM at 50–80 cm but decreased again to 2.5 μM at 205 cm
depth (Fig. 5c). Fluoride concentrations in the microcosm solutions at 15 to 50 cm depth decreased immediately from field values
and were low throughout the experiment. Fluoride increased
initially up to 27 μM and 264 μM at 80 and 170 cm respectively
but then decreased until the end of experiment (Fig. 5c).
3.2.11. Nitrate
Nitrate concentrations were independent of depth with a
mean value of 8.0 μM in the field sampled solutions. The nitrate
concentrations did not have significant differences with depth or
time in the microcosm experiment (Fig. 5d).
3.3. Ion release from the exchange complex in microcosm
experiments
Ions were released from the exchange complex in three
different ways during the microcosm experiments and but ions
were not always released in the same manner in each horizon.
Mean leaching rate of all ions from the microcosms over the
whole experiment period was higher than steady-state weathering at the end. This could be explained by the flushing events
at the beginning of experiments.
The first form of release was characterised by rapid exponential decrease in concentrations from field values. Chloride,
SO42−, Na and Si were released by this form at 15–80 cm depths
as shown for example for SO42− in Fig. 6a.
The second form of release reflected an initial increase in
concentrations followed by either an exponential decrease (particularly at 80–115 cm depths) (Fig. 6b) or a rapid linear decrease
particularly at 150–170 cm before reaching steady state.
Aluminium, SO42− and F− showed the highest increase in concentration when compared to field solutions (Figs. 3e, 5b and c
respectively).
The third trend could be exemplified by K (derived from
the parent material as well as marine sources) where it was
observed to decrease from field values at all depths without
reaching a steady state. Such trends were strongly related to
species that displayed large variance between experimental
replicates.
There was a significant difference between release rates of
ions and depths from the exchange complex as shown by the
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values from the exponential function (Table 3). Fitted curves
at 50 cm depth are shown in Fig. 7. Chloride showed the
fastest release rates of all ions from the soil at all depths. The b
value for fluoride was very similar to sulphate at 50 cm depth
but fluorine was retained stronger at 80 cm depth. Fluoride
however leached almost twice as fast as sulphate from 115 cm
depth.
3.4. Fluxes through microcosm horizons
Fluxes of all elements except Al were higher at 15 cm
depth than from 35 cm depth (Table 4). From 50 cm depth,
fluxes of silicon from individual horizons increased downwards. There was a strong retention of aluminium between 35
and 50 cm in the Bw horizon. Aluminium had been strongly
bound on the exchange complex between 80 and 115 cm
depth in field and mesocosm solutions (Table 1 and Fig. 8f).
This aluminium was released in the microcosm experiments
and resulted in a high flux of aluminium through the 115 cm
depth (Table 4, Figs. 3e and 8f). Calcium was retained
between 15 and 35 and 115 and 150 cm depths respectively
while magnesium was retained between 50 and 115 cm depths
(Table 4). Sodium was slowly leached into soil solution but
the leaching rate increased significantly at 150 and 170 cm
depths (Table 4).
3.5. Weathering rates of microcosms
Weathering rates were predicted on the basis of the geographical land area for silicon, aluminium and base cations (Ca,
Mg and Na) (Table 5). Weathering rates could not be predicted for
Fe and K due to the lack of steady state in the experiments.
Weathering rates were calculated from the steady-state concentrations at all depths and represented weathering rates of the soil
profile above each depth. Calcium provided most moles of charge
(molc) of the elements followed by Al, Mg and with Na providing
fewest moles of charge (Table 5).
4. Discussion
4.1. Soil characteristics
As anticipated this Andosol owes its pedogenic attributes to a
legacy of volcanic activities. The low carbon content in the soil
immediately above the Landnam tephra layer from the 870s
AD (Gronvold et al., 1995; Zielinski et al., 1997) at 50 cm depth
(Table 1) was associated with increased erosion and aeolian
deposition rates following the settlement of Iceland which again
decreased around 1500 AD (Thorarinsson, 1961) at 35 cm depth.
High deposition rates of andic materials (mainly basaltic glass)
caused an increase in pH values leading to a lower potential to
sequester organic carbon (Arnalds, 2004; Oskarsson et al., 2004).
4.2. Soil solution characteristics
The solution sampled with suction cups was continuously
degassing CO2 resulting in the increase of pH (Sigfusson et al.,
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Table 5
This study:

Chemical weathering rate
−1

(kmol ha

−1

year )

Si
Non-vegetated microcosms
15 cm
0.05
35 cm
0.09
50 cm
0.18
80 cm
0.38
115 cm
0.47
150 cm
0.69
170 cm
0.82
Field weathering of Mt. St. Helens tephra (Dahlgren et al., 1999):
5 cm — 1 year
1.95
15 cm — 1 year
2.73
5 cm — 4 years
0.73
15 cm — 4 years
1.19

Precipitation
−1

(kmolc ha

−1

year )

(mm)

Al

Ca

Mg

Na

0.11
0.24
0.07
0.079
1.58
1.56
2.91

0.47
0.48
0.67
0.41
0.64
2.34
4.42

0.17
0.25
0.31
0.23
0.13
0.65
0.93

0.021
0.035
0.032
0.054
0.053
0.18
0.26

∼ 2300
∼ 2300
∼ 2300
∼ 2300
Runoff (mm year− 1)

River catchment studies:
Drainage waters into Lake Skorradalsvatn, Iceland (Moulton et al., 2000):
Bare, soil b
0.32
No data
0.25
Bare, no soil c
0.29
No data
0.19
S. birch d
0.65
No data
0.54
N. birch d
0.68
No data
0.46
0.76
No data
0.48
Conifer e
Chemical weathering of basalt catchments in Iceland (Gislason et al., 1996):
Laxá, Vogatunga
2.4
No data
3.09
Þjórsá
4.2
0.16
3.54
Ölvusá
5.7
0.09
3.94
Chemical weathering of basaltic catchments in Iceland (Stefansson and Gislason, 2001):
Bugða
7.4
0.03
7.42
Sandá
10
0.07
8.66
a
b
c
d
e
f

540 a
540 a
540 a
540 a
540 a
540 a
540 a

0.10
0.078
0.32
0.32
0.31

0.14
0.11
0.11
0.16
0.22

∼ 1500
∼ 1500
∼ 1500
∼ 1500
∼ 1500

1.48
2.14
2.06

1.78
6.05
5.61

1730
1750
2410

3.36
3.74

No data
1.63

4930 f
6220 f

From May to November.
Non-vegetated area with soil cover.
Non-vegetated area with no soil cover.
Area covered with birch.
Area covered with conifers.
Runoff at time of sampling.

2005). It may be presumed that genuine pH values from field
solutions are therefore lower (and never higher) than reported
pH values. Rhizon samplers conserved CO2 in the sampling
system by using closed syringes instead of applying continuous
vacuum hence the pH of the extract may be closer to the actual
field value (Sigfusson et al., 2005).
The absence of a significant difference in the cation concentrations between sampling methods in mesocosm experiment reflects lateral heterogeneity in the soil profile rather than differences
in the selected sampling methods. Suction cups extracted 300 ml
of soil solutions from a larger volume of soil than the Rhizon
sampler which yielded 40 ml. Results from Rhizon samplers were
therefore more susceptible to heterogeneity in the soil matrix.

Mean soil solution pH value at 15 cm depth in the field was
significantly lower (pH= 4.9) than the pH value of Icelandic
precipitation (pH 5.4)(Gislason et al., 1996) hence more protons
that entered the soil through anthropogenic inputs, were exchanged
from the soil mineral complex and by dissociation of organic acids
to solution than were consumed by mineral weathering.
Silicon concentrations correlated with activity of H+ ions only
in the microcosms (Fig. 8a). Silicon concentrations increased
down the soil profile of the microcosms indicating that leaching
of Si from parent materials was stronger than processes leading
to retention of silicon (such as the formation of secondary
phases. This was not true in observed field and mesocosm
conditions from 80 to 205 cm depth where solutions were closer

Fig. 8. Concentration of Si (a) and Al (b) in solutions against pH. c) Total aluminium against total Si in all soil solutions. No thermodynamic calculation has been
carried on these data. Composition of hydrated basaltic glass (Oelkers and Gislason, 2001) and line for calculated reaction of allophone (Al/Si 1.64) and imogolite
displayed for comparison. d) Depth against ΔGr for basaltic glass in all treatments. Concentration of Si (e) and Al (f) in solutions against maximum possible amount of
ash the soil solutions have reacted with. Solution sampling depth displayed for comparison. g) Depth against log aH+3/aAl3+ for all treatments with no DOC speciation.
This is minimum value since no DOC was used to speciate the aluminium. Note that a change of 0.2 in pH value varies the value by 0.6. h) Depth against log aH+3/aAl3+
for all treatments with DOC speciation. This is maximum value since oxalate was used to represent DOC that speciated the aluminium. Squares = field, triangles =
mesocosms, circles = microcosms. Circles with cross = first sampling batch from microcosms.
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Fig. 9. log aAl3+/H+3 against log[H4SiO4] in a) and d) field, b) and e) mesocosms and c) and f) microcosms. Figures a), b) and c) are compatible to PHREEQC (Parkhurst
and Appelo (1999) and figures d), e) and f) are compatible to WATCH (Arnorsson et al., 1982). Filled symbols represent calculations where all DOC in soil solution has
been assumed to be oxalate and therefore represents an extreme in complexation ability of aluminium. Unfilled symbols represent calculations where DOC in soil
solutions has not been taken into account. Squares = field, triangles = mesocosms, circles = microcosms.

to thermodynamic equilibrium (Figs. 8c, 9a and d) due to longer
reaction times and higher rock/fluid ratio and higher solute
concentrations (White and Brantley, 2003).
Iron concentrations did not correlate with pH values due to
fluctuating redox conditions. Oxidising conditions due to free

drainage lead to low iron concentrations in microcosm solutions when pH values were relatively low compared to mean
values.
Aluminium was correlated to pH in all treatments (Fig. 8b)
as reported by Morikawa and Saigusa (2004). The significant
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differences in Al concentrations at 115 to 170 cm depth were
caused by release of aluminium from exchange sites. Aluminium
was the dominant exchangeable ion at 115 cm according to
cation exchange capacity measurements (Table 1 and Fig. 3e)
and such observations have been widely reported (such as
Chorover et al., 2004). Aluminium in field solutions decreased
significantly from 80 cm to 115 cm depth (Fig. 9d). The Al was
retained at 115 cm depth in undisturbed treatments. In
microcosms, the soil horizon at 150 cm depth received a large
amount of Al from 115 cm depth (1.13 µmolc g− 1 year− 1) but
did not supply any additional Al to the solution. Steady-state
Al concentrations in microcosm soil solutions were therefore
reached later in the experiment at 150–170 cm than for those at
115 cm (Fig. 3e).
Potassium concentrations had higher variance between
replicates than for other analytes. Potassium was leaching
slowly out from the exchange complex while the secondary
mineral alunite was according to thermodynamic calculations in
PHREEQC frequently supersaturated (ΔGr up to 14.3 kJ mol− 1)
perhaps lowering the K concentration in soil solutions while
other K-bearing secondary minerals such as K-montmorillonite
and illite were nearly always undersaturated (ΔGr from − 58 to
3.4 kJ mol− 1 and − 70 to − 7.8 kJ mol− 1 respectively).
The cations Ca, Mg, and Na had two sources in field
conditions; marine and geochemical. Sodium was dominantly
marine derived and this resulted in stable concentrations of
Na throughout the soil profile in the field but a rapid decrease in concentrations in the microcosms (Fig. 4c). Calcium and Mg concentrations were also uniform at shallow
levels in the field soil profile but concentrations increased at
deeper levels as weathering became the dominant source of
these ions.
Basalts from the western rift zone contained 110 +/− 32 ppm
chlorine (Sigvaldason and Oskarsson, 1976). Nearly all Cl in
Icelandic surface waters is derived from precipitation and an
insignificant portion is derived from rocks and soil (Arnorsson
and Andresdottir, 1995). Gislason et al. (1996) reported that Na/
Cl ratio in Icelandic precipitation was close to ocean ratio. The
field soil water had continually higher Na/Cl ratio than sea water
indicating Na was to some extent (1–19%) rock derived.
Chloride was mostly marine derived and therefore had significantly higher values in field solutions when compared to microcosm solutions (Fig. 5a).
Sulphate was primarily marine derived but also entered the
system from anthropogenic sources. There was no external
input of sulphate ions into microcosm experiments (DI water)
and the concentrations at 15 to 80 cm followed an exponential
decrease for the duration of the experiment (Fig. 5b).
The processes that control nitrate concentrations were not
stable in the experiments because in addition to the abiotic
leaching during the study, microbial cycling of N would be an
important feature.
4.3. Ion release from the exchange complex
An exponential function was used to fit the concentration
values changing from the field values to microcosm values. This
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allowed calculation of the relative release rates of individual
ions from the exchange complex. The function was:
y ¼ y0 þ a  exp ðbxÞ

ð6Þ

where y was the concentration of each ion in solution sampled
after x volumes had been pumped through experiment. y0 was
the steady-state concentration of ion after initial flush. a and b
were constants calculated for each element at each depth,
constant a described the initial concentration of ion and b
was defined by the release rate of the ion from the exchange
complex. Study of b values in the formula allows direct
comparison on how fast different ions leach from the soil
exchange complex. Steady state was defined as when there
was not a significant difference between means of two final
sampling points. y0 was not a true steady-state concentration
for anions since they were from a limited pool on the surface of
the soil or incorporated into soil organic matter. Steady-state
weathering rates from the soil parent material were reached for
Si and Na. Functions were rejected if p values for correlation
between data points and generated function was higher than
0.05.
A rapid exponential decrease in concentrations of ions in
microcosms was caused by leaching of ions from exchange sites
that were not being reoccupied as occurred in the field study
(Figs. 3, 4, 5, 6a and 7). Cations added to the exchange complex
through weathering and adsorption were continuously leached
into the soil solution due to their lower ionic strength in the bulk
soil solution than near the soil particle surfaces. With lower flow
rates in the field and mesocosms the exchange complex there
was a greater chance for resupply than for the microcosms. The
initial increase in cation concentrations of the microcosms relative to field values below 115 cm could be the release of cations
from the soil due to processes occurring in the soil between
sampling and start of leaching experiment as proposed by
Hodson and Langan (1999). Loss of base cations from exchange
sites due to lowered pH in the microcosms has been linked to a
decrease in negative charges on the surface, which then leads to
lowered CEC (Parnell, 1989; Dahlgren et al., 1990). Ionic
strength was generally lower in microcosm solutions than in
field solutions and thus ions diffused faster from exchange sites
into soil solution.
Chloride, sulphate and fluoride leached in high concentrations from the microcosms initially (Fig. 5a,b,c). Their
concentrations were still decreasing slowly at the end of the
microcosm experiment as opposed to Si and cations that had
frequently reached steady state at the end of the experiment. As
with chloride, basaltic rocks of Iceland contain limited amounts
of sulphur (50–1000 ppm S, Oskarsson, N. pers. comm.) and
fluoride (40–450 ppm, Sigvaldason and Oskarsson 1986). These
amounts are not sufficient to account for all SO4 and F in the
microcosm soil solution. It may be interpreted that those anions
ions were resupplied by marine and anthropogenic rather than
pedogenic sources because the experiment did not exhaust the
microcosms completely of these ions.
The exponential factor b (a term for the ion depletion), decreased down the soil profile as deep horizons received materials
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from above thus slowing down the depletion process (Table 3).
Sulphate which was leached faster than Na from 15–35 cm
depths and was better retained than Na at 50 cm. Delmelle et al.
(2003) proposed that horizons with Andic properties exhibited
increased sulphur retention. The b value for fluoride was similar
to sulphate at 50 cm depth (Fig. 7) indicating a possible interaction between both ions in the Bw horizon. Fluoride was
strongly retained at 80 cm depth, in agreement with Delmelle
et al. (2003) but was observed to leach at almost twice the rate
of sulphate from 115 cm depth where andic minerals were less
dominant (Table 3).
4.4. Controls on pedogenesis in the soil
Jonsson (1995) reported that the most abundant primary
phase of Andosols in Iceland was air borne volcanic glass,
mostly basaltic glass. The dominating secondary phases of the
clay size fraction of the soils are allophane and/or imogolite and
poorly-crystalline ferrihydrite (Wada et al., 1992). Layer silicate
minerals and laminar opaline silica were not identified or
occurred only in small quantities. Thus the dominating reaction
in Histic Andosols is the dissolution of basaltic glass and secondary precipitation of allophane, imogolite and poorly-crystalline ferrihydrite.
The overall Al/Si-stoichiometry of experimental and field
solutions is shown in Fig. 8c. Superimposed on the diagram is: 1)
the Al/Si ratio of the Stapafell basaltic glass used in the experiments of Oelkers and Gislason (2001) and Gislason and
Oelkers (2003). 2). The logarithm of the activity of the dominating aqueous silica species; H4SiO4 at 25 °C for the
incongruent reaction of imogolite to allophane with Al/Si ratio
of 1.64. In all of these solutions the activity of the H4SiO4 species
was very close to the total dissolved Si.
The saturation state, ΔGr (ΔGr is equal to zero at equilibrium)
for basaltic glass dissolution in contact with soil solutions
was calculated by the PHREEQC speciation program at 25 °C
(Fig. 8d). The values from field are mean of all sampling points,
the values for the mesocosms are from the end of the study.
Microcosm samples are reported as the initial sampling batch
(☉) while ○ represents means of all later sampling batches.
There was a significant difference (up to 9 orders of magnitude) of the saturation state of basaltic glass between undisturbed (field and mesocosm) and disturbed (microcosm)
treatments (Fig. 8d). The saturation state changed down the soil
profile in all treatments but was always insignificant in microcosms. The dissolution rate of basaltic glass was almost entirely
controlled by the aH+3/aAl3+ activity ratio at 15 cm in field solutions (Fig. 8d). The dissolution rate was increasingly slowed
down by decreased ΔGr of basaltic glass towards 115 cm.
Saturation state decreased dissolution rate by ∼ 20% from
115 cm to 205 cm (Eq. (2) and Fig. 8d). The difference between
saturation state of basaltic glass between field and mesocosms at
15–35 cm was due to different pH values of the input solution
that influenced the soil solution down to 35 cm before being
buffered by reactions in the soil. Dissolution rates at 15 and
35 cm in mesocosms were slowed down by 25 and 18%
respectively due to the pH (Fig. 8d). Basaltic glass was highly

unsaturated in microcosms at all depths so there was no brake
effect in dissolution rate according to Eq. (2) and dissolution
rate was altogether controlled by the aH+3/aAl3+ activity ratio.
Volcanic glass content multiplied by volume of each horizon
allows an estimate of available glass to react with leaching water
through the soil profile. An estimation of volcanic ash in the
microcosms based on measurements reported in Table 1 has
been made by assuming that the soil was composed of volcanic
ash and the rest being organic matter (1.7 ⁎C%), allophane,
imogolite and ferrihydrite. The amount of glass in field and
mesocosms is assumed to be proportional to that in the microcosm. Solutions from the field and mesocosm between 80 cm
and 205 cm reached a stable concentration at about 0.8 and
1.0 mM Si, respectively, in the later stages of the experiment
indicating restrain by mineral reactions as will be discussed
below (Fig. 8e). Total Al concentrations in field and mesocosms
also increased down to 80 cm but decreased significantly below
that depth (Fig. 8f) as the Al occupied the exchange complex
(Table 1). Both Si and Al concentrations increased down the
whole soil profile in the microcosm experiments.
The aH+3/aAl3+ ratio of soil solutions was calculated by the
PHREEQC speciation program at 25 °C (Fig. 8g and h). The
values from field are mean of all sampling points, the values for
the mesocosms are from the end of the study. Microcosm
samples are reported as the initial sampling batch (☉) while ○
represents means of all later sampling batches. According to
Eq. (2) the dissolution rate of basaltic glass is controlled by the
aH+3/aAl3+ ratio at high undersaturation. As the activity ratio
increases so does the dissolution rate.
There was a significant variation in the aH+3/aAl3+ ratio down
the profiles, from one treatment to another and with duration of
the experiments (Fig. 8g and h). The calculated dissolution rate
was fastest in the microcosm, because of less reaction time (per
water volume) than in the field and mesocosm treatments. In the
field the aH+3/aAl3+ ratio was highest (− 8.8) at 50 cm depth but
lowest at 115 to 205 cm (aH+3/aAl3+ = − 10; Fig. 8d). This
translates to factor 2.5 variation in the basaltic glass dissolution
rates with depth in the field (Eq. (2)). Variation from − 10 to − 6
in the aH+3/aAl3+ activity ratio results in factor 21 variation in the
dissolution rate of basaltic glass at 25 °C. The main inorganic
anions that form complexes with aluminium in soil solutions are
fluoride and sulphate. The speciation is also largely dependent
on pH. Mean annual precipitation pH at a monitoring station
(Smáholt, Hvalfjörður) near the research area had risen from 4.9
in 1997 to 7.2 in 2002 (Hönnun, 2005) During this same period
sulphate derived from anthropogenic sources increased from
45% in 1997 to 90% of total sulphate (4.1 and 3.1 µM
respectively) in precipitation. Sulphate concentrations vary
from 1–6 µM in precipitation on Langjokull glacier in the
central highlands of Iceland (Gislason, unpublished data).
Fluoride had increased from 0.1 µM to 0.6 µM. As a result of
elevated sulphate and fluoride levels in precipitation, up to 62%
of the aluminium in the field soil solution was complexed by
sulphate and up to 60% by fluoride. When oxalate was used to
represent DOC in the soil solution not only the Al3+ activities
generally decreased by up to 3 orders of magnitude, the Al–F
and Al–SO42− species were also minimized to be generally less
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than 5% and 0.5% of the total Al species respectively. This
highlighted the importance of organic ligands in soil solution
that can have detrimental effect on the partition of aluminium
and its subsequent participation in formation of secondary
minerals and humus in the soil profile.
Adding the abovementioned oxalate to speciate Al3+ in the soil
solution generally increased the activity ratio aH+3/aAl3+ (Fig. 8h).
Since the activity ratio has high impact on expected dissolution
rate it was estimated to increase by factor of 7 at 15 cm but this
factor was only 1.8 at 205 cm depth. This was because DOC
concentrations did not change down the soil profile while
combined effects of either increased concentration of complexing
anions or increased pH lowered Al3+ concentrations. Oxalate
complexation had great effects (factor of 30) at 15 cm depth in
mesocosms due to high DOC concentrations. As DOC decreased
the expected dissolution rate difference between calculations with
and without oxalate to represent DOC decreased to a factor of 19
at 35 cm depth and down to a mean of 9 at 50 to 115 cm depth.
Sulphate concentrations had increased at 115 cm and should thus
have minimized the DOC effect on dissolution rate but the
sulphate effects were minimized by increased pH at 115 cm depth
(Sigfusson et al., 2005).
Thermodynamic phase diagrams for congruent dissolution
of minerals and hydrated basaltic glass for field and
experiments solutions are shown in Fig. 9. Superimposed on
the diagrams are the calculated activities of the soil solutions
according to both PHREEQC (9a, b and c, Parkhurst and
Appelo, 1999) and WATCH (9d, e and f; Arnorsson et al.,
1982, 2002) speciation codes. These diagrams can be used to
assess whether primary hydrated glass tends to dissolve in the
soil solution and whether secondary minerals are supersaturated in contact with a specific soil solution. The
thermodynamic data for minerals and aqueous solutions are
internally consistent. The two sets are used to underscore the
uncertainty in the calculations mainly due to difference in
values of the dissociation constants for the aqueous Al species
as described in the Materials and methods section.
Field soil solutions contained too little total dissolved
aluminium and/or too much dissolved silica to correspond to
the stoichiometry of the dominating primary phase, basaltic
glass, (Fig. 8c). Dissolution of olivine and pyroxene would
produce waters along the horizontal axes. Furthermore, all
samples below 80 cm have similar total dissolved Si
concentration, indicating control by secondary mineral or
minerals (Fig. 8a and c). This is in agreement with the
observation that field samples are all undersaturated with
respect to basaltic glass, the dominating primary Al–Si
phase, and supersaturated with respect to secondary Al–Si
phases (Fig. 9a and d). Thus the secondary phases or surface
exchange complexes formed must have higher Al/Si ratio
than the 0.36 of the dominating primary phase, basaltic glass.
According to the PHREEQC modelling of the maximum
plausible complexation of Al 3+ , assuming all the measured
dissolved soil organic carbon to be oxalic organic species,
most of the soil waters above 15–50 cm become undersaturated with respect to secondary Al-silicates (Fig. 9a, ).
Dissolved silica could be controlled by incongruent reaction
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of imogolite to allophane (Al/Si: 1.64) as shown by the
vertical line on Fig. 8c and the equation:
Al2 SiO3 ðOHÞ4 þ 0:22H4 SiO4 þ 0:04H2 O ¼ Al2 O3 d 1:22SiO2 d 2:5H2 O:

ð7Þ
The reaction fixes the log[H4SiO4] value − 3.07 at 25 °C,
using the thermodynamic data reported by Stefansson and
Gislason (2001). This corresponds closely to the mean Si concentration in the field samples deeper than 50 cm (10− 3.11 M).
Minor changes in the composition of allophane result in
significant variation in the fixed activity of the H4SiO4 species.
Since the composition of allophane is variable in nature, it is
likely that the incongruent reaction of imogolite and allophane
fixes a range of activities of the aqueous silica species.
Mesocosm samples are all far from the stoichiometry of the
predominating primary phase, basaltic glass indicating formation
of secondary minerals that altered the Al/Si ratio of the soil
solution. There is too little dissolved Al (Fig. 8c). Thus the
secondary phases formed must have a higher Al/Si ratio than the
0.36 of the basaltic glass. The solutions were all scattered around
the stability line for the secondary phases (Fig. 9b and e) and
adding oxalate resulted in all solutions being undersaturated with
regards to allophane and imogolite (Fig. 9b). No solution was
supersaturated with regards to amorphous SiO2 (Fig. 9b and e).
Microcosm samples were the closest to the stoichiometry of
the primary basaltic glass and many of them had too much
Al with respect to stoichiometric dissolution of basaltic glass
(Fig. 8c). This agreed with Fig. 9c and f. Many of the microcosm
samples were undersaturated with respect to the secondary Alsilicates; imogolite and allophane, and they are all undersaturated under maximum complexation of Al3+ by soil organic
carbon (Fig. 9e, filled circles).
4.5. Fluxes in microcosms
Fluxes can only be considered in microcosm experiments
where passive moisture samplers and no build up of ions on the
exchange surfaces occurred.
Elemental fluxes through soil horizons in the microcosms
were not similar between different components of the soil
solution (Table 4). The flux of Si was positive from all horizons,
i.e. all horizons contributed to increased concentrations of Si in
soil solution.
The main differences between horizons near the surface were
age, ionic strength and pH in the soil solution while other
variables of the horizons were similar. The decrease of flux from
15 cm to 35 cm correlated with the findings of Gislason et al.
(1996) and Louvat and Allegre (1997), who reported that
weathering rates in basaltic terrain decrease with increased
age of rocks. The effect of parent material age and form on
weathering rates was not significant against differences in pH,
F− and SO42− concentrations. The dissolution rate of basaltic
glass at high undersaturation, the main rock component in the
3
soil, is controlled by temperature and the ratio aH+
/Al3+ (Eq. (2)).
This activity ratio was nearly two orders of magnitude lower
at the surface in microcosms than below 80 cm depth (Fig. 8g
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and h) translating to a factor of 3.6 variation in the dissolution
rates (Eq. (2)). Furthermore, the rate increased with temperature
and the concentrations of ligands such as F−, SO42− and oxalate
complex Al3+ (Eq. (2)). The pH values were significantly lower
in the microcosms deeper than 115 cm than in surface horizons
(Fig. 3a). Fluoride concentrations were also higher in deep
3
horizons (Fig. 5c). Those two factors increased the ratio aH+
/Al3+
significantly (Fig. 8d).
4.6. Weathering rates
Weathering rate of the soil profile in the microcosm experiments is shown in Table 5. Weathering rates of individual
elements were not proportional to the composition of basaltic
glass (Table 5). Stoichiometric dissolution of basaltic glass did
not control the solution composition at the base of the soil
profile. Values for aH+3/aAl3+ in near surface horizons were higher
in first sampling batch of microcosms than in subsequent
sampling batches because of the low initial pH values (Fig. 8d).
Weathering rates of Si at 15 cm depth were five times lower
than the field weathering rates of fresh andesitic Mt. St. Helens
tephra (Dahlgren et al., 1999). This difference decreased to a
factor of 3 after the St. Helens tephra had been weathering for
four years underlining the importance of age on weathering rates
of parent materials. The precipitation rate (runoff) was 4.3 times
larger at Mt. St. Helens than in the microcosm experiments of the
present study. The dissolution rate of natural glasses at pH 4
decreases by a factor of 2 with a 10% increase in SiO2 (%)
content (Wolff-Boenisch et al., 2004b). With all other things
equal the weathering rate of the basaltic parent material in this
study would be expected to be higher than the Mt. St. Helens
tephra. The difference in runoff, age of the tephra and the role of
organic matter in the present study, has more effect than the
chemical composition alone on the weathering rate of the soil.
Base cation-weathering rates on land surface area basis from
5 cm St Helens tephra were similar to those at 170 cm in the soil
in this study.
Values for Si and base cations weathered in this study are
similar to those measured from small catchments with various
vegetation covers about 20 km northeast of the present study
(Moulton et al., 2000). Aluminium, however, was somewhat
lower than that measured from larger catchments in Southwestern Iceland at high runoff (Table 5; Gislason et al., 1996;
Stefansson and Gislason, 2001). Aluminium weathered much
faster from the soil profile than in the river catchments where the
pH was higher and aluminium bearing phases were stable.
5. Conclusions
Two main mechanisms possibly controlled chemical composition of the field soil solutions: congruent dissolution of altered
basaltic glass and incongruent reaction between imogolite and
allophane. These mechanisms interacted at 15–50 cm depths but
the latter dominated below 80 cm where basaltic glass was much
older than at the surface. Congruent dissolution of altered basaltic
glass was the dominant mechanism controlling soil solution
composition in microcosms due to short reaction times and sub-

sequent undersaturation of most primary and secondary phases.
The role of Al humus complexation had an impact on the soil
solution chemistry but this role could not be quantified clearly due
to lack of thermodynamic data of solid metal humus complexes.
Weathering rates of cations did not indicate stoichiometric dissolution of basaltic glass at the base of the soil profile. The glass
had probably been altered to secondary phases that were dissolving and precipitating. Combination of empirical data from
field and experiments with modelling of soil systems gives the
potential of predicting long term changes in soil pedogenesis.
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