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Abstract
This study presents lithium (Li) and magnesium (Mg) isotope data from experiments designed to assess the eﬀects of dissolution of primary phases and the formation of secondary minerals during the weathering of basalt. Basalt glass and olivine
dissolution experiments were performed in mixed through-ﬂow reactors under controlled equilibrium conditions, at low pH
(2–4) in order to keep solutions undersaturated (i.e. far-from equilibrium) and inhibit the formation of secondary minerals.
Combined dissolution–precipitation experiments were performed at high pH (10 and 11) increasing the saturation state of the
solutions (moving the system closer to equilibrium) and thereby promoting the formation of secondary minerals.
At conditions far from equilibrium saturation state modelling and solution stoichiometry suggest that little secondary mineral formation has occurred. This is supported by the similarity of the dissolution rates of basalt glass and olivine obtained
here compared to those of previous experiments. The d7Li isotope composition of the experimental solution is indistinguishable from that of the initial basalt glass or olivine indicating that little fractionation has occurred. In contrast, the same experimental solutions have light Mg isotope compositions relative to the primary phases, and the solution becomes progressively
lighter with time. In the absence of any evidence for secondary mineral formation the most likely explanation for these light
Mg isotope compositions is that there has been preferential loss of light Mg during primary phase dissolution.
For the experiments undertaken at close to equilibrium conditions the results of saturation state modelling and changes in
solution chemistry suggest that secondary mineral formation has occurred. X-ray diﬀraction (XRD) measurements of the
reacted mineral products from these experiments conﬁrm that the principal secondary phase that has formed is chrysotile.
Lithium isotope ratios of the experimental ﬂuid become increasingly heavy with time, consistent with previous experimental
work and natural data indicating that 6Li is preferentially incorporated into secondary minerals, leaving the solution enriched
in 7Li. The behaviour of Mg isotopes is diﬀerent from that anticipated or observed in natural systems. Similar to the far from
equilibrium experiments initially light Mg is lost during olivine dissolution, but with time the d26Mg value of the solution
becomes increasingly heavy. This suggests either preferential loss of light, and then heavy Mg from olivine, or that the secondary phase preferentially incorporates light Mg from solution. Assuming that the secondary phase is chrysotile, a Mg-silicate, the sense of Mg fractionation is opposite to that previously associated with silicate soils and implies that the
fractionation of Mg isotopes during silicate precipitation may be mineral speciﬁc. If secondary silicates do preferentially
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remove light Mg from solution then this could be a possible mechanism for the relatively heavy d26Mg value of seawater. This
study highlights the utility of experimental studies to quantify the eﬀects of natural weathering reactions on the Li and Mg
geochemical cycles.
Ó 2010 Elsevier Ltd. All rights reserved.

1. INTRODUCTION
The chemical weathering of calcium and magnesium silicates exerts a long term control on the Earth’s climate
through the consumption of atmospheric CO2, which in turn
drives temperature changes by modifying greenhouse warming (Walker et al., 1981). A number of radiogenic isotope
ratios in seawater are sensitive to changes in continental
weathering and marine records show that these isotope ratios
have varied in the past. For example, the strontium isotope
composition (87Sr/86Sr) of seawater has become increasingly
radiogenic during the Cenozoic (Depaolo and Ingram, 1985;
Hess et al., 1986; Richter and Depaolo, 1988) and this has
been linked to an increase in the ﬂux of material from continental weathering (Palmer and Elderﬁeld, 1985) resulting in
enhanced drawdown of CO2 and global cooling (Raymo
et al., 1988). However, marine radiogenic isotope records,
such as Sr, cannot distinguish between changes in the continental weathering ﬂux and changes in source composition
that can occur due to changes in the rock type or weathering
congruence (Quade et al., 2003). This is crucial because it is
principally variations in the silicate weathering rate that
inﬂuence atmospheric CO2 consumption on a geological
timescale. Consequently, much recent research has turned
to other isotope systems that act as tracers of weathering
processes, but are much less inﬂuenced by variations in
lithology.
The stable isotopes of both Li and Mg readily fractionate at the Earth’s surface because of the relatively large
diﬀerences in mass between their isotopes. Unlike Sr the
isotope variations of Li and Mg in surface waters are less
dependent on diﬀerences in lithology. Instead, the major
control over both systems is the balance between primary
mineral dissolution and secondary mineral formation
(Chan et al., 1992; Huh et al., 1998; de Villiers et al.,
2005; Kisakurek et al., 2005; Pogge von Strandmann
et al., 2006; Tipper et al., 2006b; Wimpenny et al., 2010).
During primary mineral dissolution and the formation of
secondary minerals it is always the light isotope of Li
(6Li) that is taken up into the solid phase, driving the residual ﬂuid to heavy isotope values (Chan et al., 1992; Pistiner
and Henderson, 2003; Chan and Hein, 2007). Through this
mechanism the dissolved Li isotope composition of river
waters (d7Li) is always heavier than that of the source bedrock from which the Li is derived. Similarly, the Li composition of seawater [31&, (James and Palmer, 2000)] is
heavier than its primary sources; continental weathering
(23&, (Huh et al., 1998)) and high temperature hydrothermal ﬂuids [6–10&, (Chan et al., 1993, 1994)]. The
behaviour of the Mg isotope system is more complex, in
that the d26Mg value of rivers can be strongly inﬂuenced
by both variations in lithology and secondary mineral formation (Tipper et al., 2006a). Moreover, the formation of

secondary silicates can remove both heavy and light Mg
from solution (Tipper et al., 2006b; Pogge von Strandmann
et al., 2008) while carbonates are always isotopically light
relative to the waters from which they precipitate (Galy
et al., 2002; Chang et al., 2004). Magnesium in the oceans
is derived solely from continental weathering (Berner,
2004) and is removed by a combination of exchange reactions at mid ocean ridges, dolomite formation and the
low temperature alteration of clays and detrital sediment
(Elderﬁeld and Schultz, 1996; Holland, 2005). The d26Mg
value of seawater (0.82&) is slightly higher than estimates
of the average riverine input (1.09&, (Tipper et al.,
2006a)), and it has been suggested that this is either because
Mg is not in a steady state in the oceans, or perhaps because
light magnesium is preferentially removed during carbonate
precipitation (Galy et al., 2002; Holland, 2005; Tipper
et al., 2006a). Magnesium is also utilised in biological systems, for example Mg is important to both the chlorophyll
molecule and to the function of ATP. Recent work indicates that there is an isotope fractionation associated with
the uptake of Mg into chlorophyll and into higher plants
(Black et al., 2006; Ra and Kitagawa, 2007; Bi et al.,
2008) however, again this Mg fractionation can occur in
both senses, similar to its behaviour during mineral reactions. Clearly characterising the behaviour of Mg isotopes
in natural systems is challenging because of the range of
minerals involved, together with the inﬂuence of variables
such as temperature, pH, runoﬀ and biology. Because mineral reactions are so important, both in the liberation of elements during the dissolution of primary phases and their
uptake during the formation of secondary minerals, it is
crucial to understand and quantify how they inﬂuence the
behaviour of Li and Mg in order to understand how
changes in continental weathering might aﬀect the composition of seawater. To this end the behaviour of these
isotope systems can be more clearly evaluated in experimental systems where variables such as temperature, pH and
saturation state can be controlled.
A number of experimental studies have determined dissolution rates and mechanisms for common rock forming
phases such as quartz, feldspar, olivine and basalt glass,
over a range of pH, temperature and solution compositions
[e.g. (Petrovic, 1976; Petrovich, 1981; Crovisier et al., 1983,
1987; Berger et al., 1988, 1994; Murphy and Helgeson,
1989; Wogelius and Walther, 1992; Oelkers and Schott,
1995; Stillings and Brantley, 1995; Brantley and Stillings,
1996; Stillings et al., 1996; Welch and Ullman, 1996; Daux
et al., 1997; Chen and Brantley, 2000; Pokrovsky and
Schott, 2000; Rosso and Rimstidt, 2000; Oelkers and Gislason, 2001; Oelkers, 2001a; Gislason and Oelkers, 2003; Liu
et al., 2006)]. Similarly, there are many experimental studies
that have investigated the precipitation of secondary
phases, including such minerals as calcite (Wray and
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Daniels, 1957; Zhang and Dawe, 2000), smectite (Harder,
1972), kaolinite (Devidal et al., 1997) and gibbsite (Nagy
and Lasaga, 1992). Secondary phase stability in solution
is strongly dependent on pH; for example commonly
formed secondary phases in rivers such as Fe- and Al-oxyhydroxides are more stable in neutral to high pH solutions
(Stefansson and Gislason, 2001), while CO2 will dissolve
more readily in high pH waters (Appelo and Postma,
2005), promoting the formation of secondary carbonates.
Temperature is also important, as it directly inﬂuences the
rates of chemical reactions. Higher temperatures will often
lead to enhanced dissolution rates and higher dissolved concentrations which, in turn, leads to higher saturation states
of secondary minerals in solution. Thus, due to the sensitivity of both Li and Mg isotopes to secondary mineral formation, both pH and temperature can, indirectly, inﬂuence the
behaviour of these stable isotope systems. While the rates
and mechanisms of mineral reactions and the factors governing secondary mineral formation are relatively well
understood, there have been few investigations of isotope
behaviour in an experimentally controlled environment.
As yet, the experimental studies that have been undertaken have investigated the isotope changes associated with
sorption of Li as well as any isotopic changes associated
with bulk rock dissolution (Pistiner and Henderson, 2003;
Chan and Hein, 2007; Vigier et al., 2008). There is little
measurable fractionation of Li associated with bulk rock
dissolution, indicating that fractionation does not occur
during primary mineral dissolution (Pistiner and Henderson, 2003). In contrast experimental work supports the
results of natural observations that indicate signiﬁcant fractionation of Li isotopes accompanying incorporation into
secondary minerals (Pistiner and Henderson, 2003; Chan
and Hein, 2007; Vigier et al., 2008). While there is no fractionation associated with the physical sorption of Li into
outer sphere bonds on smectite (Pistiner and Henderson,
2003) the chemical sorption of Li into inner sphere bonds
on gibbsite, goethite and smectite is associated with preferential uptake of 6Li (Pistiner and Henderson, 2003; Chan
and Hein, 2007; Vigier et al., 2008). All such studies have
shown that it is the light isotope (6Li) that is preferentially
removed from solution, leaving the resulting ﬂuid enriched
in 7Li. Typical fractionation factors during the uptake of Li
into clays range between a = 0.971–0.999 (Pistiner and
Henderson, 2003; Chan and Hein, 2007; Zhang et al.,
1998), where a is the fractionation factor calculated from
the diﬀerence in Li isotopic composition between solid
phase and liquid. However, the value of a is dependent
on temperature; it is well known that the mass fractionation
of stable isotopes will decrease at higher temperatures
(Urey, 1947). For example, the fractionation of Li isotopes
between clay and solution is 0 to 11& at high temperature
(300–375 °C) but 0 to 25& at low temperature (4–22 °C)
(Vigier et al. (2008) and references within).
The aim of this study is to characterise the behaviour of
the Li and Mg isotopes during two of the most important
weathering processes that govern surface water chemistry;
primary mineral dissolution and secondary mineral formation. To this end, we have conducted a series of experiments
involving the dissolution of basalt glass and forsterite under
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diﬀerent equilibrium conditions. These minerals have been
chosen because they are relatively reactive (Brantley,
2003) and abundant in the Earth’s crust (Wolﬀ-Boenisch
et al., 2004). Minerals that are most reactive dominate the
weathering signal and potentially have the strongest feedback to changes in climate over geological time. The dissolution experiments involve reaction at low pH where
secondary phases are unstable (i.e. far from equilibrium).
In contrast, the precipitation experiments involve reaction
at high pH where the primary phase is undersaturated but
secondary phases are supersaturated and more likely to
form. To limit the potential number of secondary minerals
that could form, particularly clay minerals, only forsterite is
used in the precipitation experiments. These experimental
results provide some insights into the behaviour of Li and
Mg isotopes during weathering reactions, both primary
phase dissolution and secondary mineral formation, and
provide a basis for understanding and quantifying these isotope systems in the natural environment.

2. METHODS
2.1. Experimental methods
The basalt glass used in these experiments is the same as
that used in two previous studies of basalt glass dissolution
(Oelkers and Gislason, 2001; Gislason and Oelkers, 2003),
where sample preparation is also described in detail. In
brief, the chemical composition of the basalt glass is Na0.08Ca0.263Mg0.281Fe0.188Al0.358SiO3.32 which is close to the
mean composition of oceanic crust and Mid-Ocean Ridge
Basalt (MORB) (GERM, 2000). This glass was crushed,
ground and sieved to obtain a size fraction of between 40
and 120 lm. Surface area was calculated using the three
point Brunauer–Emmett–Teller method (Brunauer et al.,
1938), which involves measuring the volume of gas that
can be adsorbed onto a mineral surface and so takes surface
roughness into account. The basalt glass has a mean BET
surface area of 23,000 cm2/g which is nearly two orders of
magnitude greater than the estimated geometric mean of
250 cm2/g. The forsterite used in these experiments is from
San Carlos (gem quality obtained from Wards Natural Sciences); San Carlos olivine has been extensively characterised both in experimental studies [e.g. (Pokrovsky and
Schott, 2000; Oelkers, 2001a)] and during isotope analyses
of many elements, including Li and Mg [e.g. (Jeﬀcoate
et al., 2007; Teng et al., 2007; Handler et al., 2009)]. San
Carlos olivine has an approximate composition of
Mg1.82Fe0.18SiO4 (Fo91) (Pokrovsky and Schott, 2000).
Crystals were ﬁrst handpicked and then crushed using an
agate mortar, and subsequently milled and sieved to obtain
grains of between 40 and 120 lm. Forsterite grains were
then ultrasonically cleaned in acetone; this cleaning step
was repeated until all ﬁnes were removed before drying
overnight at 60 °C. The surface area of forsterite powder
has been estimated previously (Pokrovsky and Schott,
2000; Oelkers, 2001a) using similar forsterite ground to
the same size fraction. The estimated BET surface area is
800 cm2/g.
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All experiments were performed in mixed through-ﬂow
reactors, where ﬂuid is constantly pumped through the stirred reactors as illustrated in Fig. 1. The dissolution experiments were carried out in titanium reactors with a volume
of 300 ml, where both temperature and pressure can be controlled. The temperature ranged from 25 to 55 °C and was
controlled by a Parr heating sleeve, while pressure was
maintained at atmospheric levels for all experiments. Fluid
was supplied to the reactor via a high precision HPLC
pump which provided a continuous ﬂow of between 1 and
8 g/min during the experiments. A motorised stirrer was
used to hold the reacting mineral in solution thereby aiding
the dissolution process by ensuring that the reacting surfaces remain exposed. Stirring also prevents the dissolution
becoming dependent on the rate of diﬀusive transport away
from mineral surfaces. Gislason and Oelkers (2003) showed
that at pH 2–3 stir rates should be kept above 550 and
350 rpm, respectively, to ensure that dissolution rates are
surface reaction controlled. Consequently all experiments
were performed with a stir speed of over 350 rpm. The dissolution experiments were performed at low pH (2–4); low
pH inlet solutions were created by mixing suprapure HCl
with an ammonium chloride buﬀer. All solutions were prepared to an ionic strength of 0.01 mol/kg. Fluids were then
sampled via a 1 lm titanium ﬁlter which prevents the loss of
solid particles from the reactor. Prior to sample collection
the ﬂuid was also passed through a 0.2 lm sterile acetate ﬁlter as shown in Fig. 1.
Dissolution–precipitation experiments were performed
in polypropylene reactors, with volumes of 250 ml, which
have no internal temperature control. Temperatures of between 25 and 75 °C were maintained by placing the reactors
in a temperature controlled water bath (Fig. 1). Fluid was
pumped into the reactors via a peristaltic pump with ﬂow
rates ranging from 0.15 to 4 g/min. The solution is output
from the reactor via a 1 lm steel ﬁlter to ensure that solid
particles are not lost. Prior to sampling the solution was
passed through a sterile acetate 0.2 lm ﬁlter. There is no
in-built stirring mechanism within the polypropylene reactors so Teﬂon coated magnetic stirrers were used to stir
the solution throughout the experiment. Floating stir bars

were used in order to prevent grinding of the solid phase
and hence inadvertently increase its surface area during
the experiment. As for the dissolution experiments, solutions were prepared to an ionic strength of 0.01 mol/kg. Because high pH values were needed a combination of NH4Cl
and NH4OH was used in order to obtain pH values of 10
and 11, respectively. At these high pH values the precipitation of carbonates is a possibility because the dominant carbonic acid species is CO32; in order to prevent carbonate
precipitation the input solutions were kept in a mantle of
nitrogen gas.
All apparatus was acid cleaned and rinsed with deionised water prior to starting each experiment. Between 2
and 10 g of mineral phase was added to the reactor vessel
before ﬁlling with 0.01 mol/kg solution at the desired pH.
In the dissolution experiments, the lowest pH value was attained last because this causes the most alteration of the
sample and thus could cause the greatest change in the mineral surface area. Before sampling of the ﬂuids three reactor
residence times were left to allow the system to attain a
mechanical steady state. One residence time is deﬁned as
the time taken for ﬂuid to ﬁll each reactor once and is
dependent on the ﬂow rate of the inlet solution. On changing any of the experimental parameters such as pH and
temperature another three residence times were left before
sampling was resumed. Samples of 100 ml from both dissolution and precipitation experiments were collected in acid
cleaned 125 ml PTFE sample tubes and a small proportion
of each unacidiﬁed sample was tested for pH. Samples were
also weighed in order to calculate actual ﬂow rates. All
samples were then acidiﬁed using suprapure grade HNO3
to a concentration of 0.5% in readiness for later ICP-AES
analysis.
2.2. Analytical methods
2.2.1. Concentration measurements
Major element concentrations for all solutions were
measured by ICP-AES at the University of Iceland. Acidiﬁed solutions were run alongside an in house standard; a
natural water sample from the Selsund region of Iceland,

Fig. 1. A schematic diagram showing the experimental apparatus used for (a) dissolution experiments and (b) precipitation experiments.
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calibrated against SPEX Certiprep single element standards. Duplicate measurements of the experimental solutions yielded relative errors of less than 5%. All minor
and trace element concentrations were measured by ICPMS at the Open University. Multi element standards were
made up using single element standard solutions with a
concentration of 1000 ppm; these were diluted to the required standard concentration using 2% TD (Teﬂon distilled) HNO3. Analyses of standard solutions with
variable but known concentrations enabled the construction of a calibration curve. These standard solutions included the following minor and trace elements: Li, Fe, Cr,
Zn, Cu, Rb, Sr, Ba as well as the rare earth elements
(REE). The in house standard Sco2/15 (Scottish river
water) and the riverine standard SLRS-4 (Ottawa river
water, NRCC) were used to monitor and correct for any
machine drift. External reproducibility as determined from
repeat measurements of SLRS-4 is better than 8% (2r).
Mineral phases were dissolved using a mixture of TD
HNO3 and Aristar HF. Dissolved samples were dried and
redissolved in a mixture of TD HNO3 and MQ water to
an acid strength of 2%. Concentrations were then measured
by ICP-MS. All measurements were calibrated using a series of rock standard reference materials; in this case JB-2
(JGS basalt), BIR-1 (USGS basalt), BHVO-1 (USGS basalt), BCR-2 (USGS basalt), AGV-1 (USGS andesite), W2 (USGS diabase), G-2 (USGS granite), SDC-1 (USGS
mica-schist) and JG-2 (JGS granite). Two standards (JB-2
and BIR-1) were routinely measured to assess external
reproducibility; the 2r external error is <6% for all major
(JB-2) and minor (BIR-1) element analyses.
2.2.2. Isotope chemistry
For Li isotope analysis a minimum of 5 ng of Li was separated from the sample matrix by cation exchange chromatography, following the technique of James and Palmer
(2000). The cation columns used in this study are Teﬂon
with an internal diameter of 6 mm and they are loaded with
2.4 ml of Bio-Rad AG50W-X12 (200–400 mesh) cation exchange resin to a resin height of 8.5 cm. The sample is then
eluted using 0.2 N TD HCl, collected, dried down and then
redissolved in 3% TD HNO3 for analysis by multi collector
inductively coupled plasma mass spectrometry (MC-ICPMS). Total procedural Li blanks were 12 pg. The Li isotope procedure for low concentration samples performed
at Bristol uses a similar method, but with a second column
(0.25 ml resin volume) to remove residual matrix and matrix introduced by the larger volume of resin in the ﬁrst
column.
Magnesium was also separated from the sample matrix
by cation exchange chromatography using the same column
setup as for Li. A minimum of 500 ng of Mg was loaded
onto the columns and eluted with a combination of
0.75 N and 2 N TD HCl. The major diﬀerence between
the Li and Mg techniques is that for Mg all rock samples
were ﬁrst processed through an anion column to remove
any potential interference from iron following the technique
of Wiechert and Halliday (2007). The anion columns used
were Teﬂon with an internal diameter of 6 mm. The anion
resin used was Bio-Rad AG1-X8 (200–400 mesh). Rock
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samples were dried down, taken up in 6 N HCl and passed
through the anion columns to remove Fe before being processed through cation columns. Finally, all samples are
dried down and redissolved in 3% TD HNO3 for analysis
by MC-ICP-MS. Total procedural Mg blanks were 50 pg.
2.2.3. Isotope analyses
All Mg isotope measurements were made on a Thermo
Finnigan Neptune while Li isotope measurements were performed on a Nu-Instruments MC-ICP-MS at the Open
University. A number of low-level Li samples were also
processed and analysed on a Thermo Finnigan Neptune
at the University of Bristol.
2.2.3.1. Lithium. Lithium samples were analysed with a Li
concentration of 10 ppb. On the Nu-Plasma (run in conjunction with a Nu-DSN desolvating nebuliser) this yielded a signal with 7Li intensity of 1 V and a background of 6 mV of
7
Li or 0.6% of the total sample beam. Each sample run consisted of 1 block of 20 measurements, and used 0.5 ml of sample solution. Consequently, samples consisting of 5 ng of Li
could be run at 10 ppb for a single analysis. However, where
possible at least 10 ng of Li was processed, enabling one repeat isotope measurement to be made. Each sample run
was preceded by measuring the on-peak blank of the 3%
HNO3 solution. The blank was subtracted from the sample
measurement online. Isotope ratios are expressed as d7Li,
which is the permil (&) diﬀerence from the standard LSVEC.
Results are calculated using the standard-sample bracketing
technique where d7Li = {[(7Li/6Li)sample/(7Li/6Li)standard]–
1}  1000. Typically, the internal precision attained with
the Nu-Plasma was better than 0.2& (2r). External reproducibility was assessed from repeat preparations (n = 8)
and repeat measurements of seawater (n = 40). The average
seawater d7Li was 31.08 ± 0.82& (2r), which compares
favourably with previously published values (Chan and Edmond, 1988; James and Palmer, 2000; Millot et al., 2007).
To validate the accuracy of low level Li analyses, several solutions containing <10 ng of Li were also analysed at the University of Bristol using a Thermo Finnegan Neptune MCICP-MS. This yields a 7Li intensity of 1 V for a 1 ppb Li
beam, compared to a background of 10–20 mV. Analyses
were performed as detailed in Jeﬀcoate et al. (2004) and
Marschall et al. (2007). The internal precision of these measurements (2r) was similar to that achieved at the Open University (0.2&), and the long-term external precision (based
on repeated; n = 15, chemistry = 15) is ±0.4& (2sd) for 1–
4 ng of Li.
2.2.3.2. Magnesium. Magnesium samples were analysed with
a Mg concentration of 500 ppb at medium resolution with a
wet plasma. A typical 26Mg signal for a 500 ppb sample was
between 10 and 12 V; the blank (3% HNO3 solution) typically gave <0.01 V of 26Mg; this was subtracted oﬄine during data processing. Isotope measurements are expressed
as d26Mg, which is the & diﬀerence from the standard
DSM-3. Results are calculated using the standard-sample
bracketing technique where d26Mg = {[(26Mg/24Mg)sample/
(26Mg/24Mg)standard]–1}  1000. Typically the internal precision of d26Mg measurements (2r) was better than 0.05&,
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and the internal precision of d25Mg measurements (2r) was
better than 0.03&. In order to monitor the external reproducibility of the magnesium isotope measurements the standard CAM-1 was routinely measured at least 2–3 times
during an analytical session. The average d26Mg composition of CAM-1 measured over the course of this study
(n = 22) is 2.60 ± 0.11& (2r) while the average d25Mg
composition is 1.35 ± 0.06& (2r), which compares
favourably with values for CAM-1 measured elsewhere
[2.58& (Young and Galy, 2004; Pearson et al., 2006)].
3. RESULTS
3.1. Mineral phases
The elemental concentrations of both unreacted and reacted mineral phases are presented in Tables 1 and 2. By comparing the concentration of elements in the reacted phase
with the concentrations in the unreacted mineral the % loss
during dissolution can be calculated. Experiment BG1
(pH2, 25 °C) has the highest % loss of each element; the elements with the greatest % loss were Li, Al, and Mg with losses
of 12%, 11.5% and 10.5%, respectively. In general these elements were the most readily lost in all of the basalt glass
experiments while Ti and Cr concentrations remained similar
to those before reaction. Unreacted basalt glass has a Li concentration of 4.7 ppm and an Mg concentration of 6 wt%. In
the forsterite experiments most elements were below the calibration range with Al, K, Na amongst the elements that
could not be measured. The element with the greatest loss
during the experiments was Li with a loss of 17% relative
to the levels in the unreacted forsterite (Table 2). The initial
forsterite Li concentration is lower than that of basalt glass
with a concentration of 2 ppm.
3.2. Dissolution experiments
3.2.1. Dissolution rates
All dissolution rates (r) have been calculated from the
dissolved Si concentration using the following equation:

r¼

Siout  F
S BET

ð1Þ

where r, dissolution rate (mol/cm2/s); Si(out), outlet Si concentration (mol/kg); F, ﬂuid ﬂow rate (g/s); S(BET), surface
area of sample powder determined by BET method.
There was no measurable dissolved silica in the inlet
solution. Far from equilibrium dissolution rates of basalt
glass and forsterite are presented in electronic annex EA-1
and EA-2, respectively. The dissolution rates of basaltic
glass and forsterite are dependent on temperature and
pH; dissolution rates increase with temperature and as
pH decreases from 4 to 2. Dissolution rates obtained in
these experiments closely match those reported previously
using similar experimental conditions (Table 3). The dissolution rate of forsterite, normalized to BET surface area, is
generally faster than basalt glass at an equivalent pH. For
example at pH 3 the dissolution rate of forsterite is
4.5  1013 mol/cm2/s while the dissolution rate of basalt
glass is 5.51014 mol/cm2/s.
The dissolution rate of forsterite in pH 2 solutions also
varies depending on the stir speed used. A sharp rise in Si
concentration from 5 to 10 ppm occurs when the stir
speed increases from 350 to 550 rpm. This equates to an increase in the dissolution rate by a factor of 2.
3.2.2. Lithium and magnesium isotopes
Lithium concentrations during the dissolution of basalt
glass range from 0.03 ppb in pH 4 solutions to 0.5 ppb in
pH 2 solutions. In comparison, during the dissolution of
forsterite, Li concentrations range from 0.01 to 0.1 ppb in
pH 4 and 2 solutions, respectively. The Li concentration
needs to be at least 0.05 ppb in order to obtain a single isotope measurement; consequently it was not possible to measure the Li isotope ratio of the ﬂuid phase for some of the
sample solutions.
Magnesium concentrations are signiﬁcantly higher because this element is a major constituent of both forsterite
and basalt glass. During the dissolution of basalt glass
Mg concentrations ranged from 30 to 6000 ppb at pH 4

Table 1
Element concentrations for unreacted and reacted mineral/glass phases. Concentrations of Na, Al, and K in forsterite were below the
calibration range. Concentrations of Mg were above the calibration range.
Sample

Na (wt%)

Mg (wt%)

Al (wt%)

K (wt%)

Ca (wt%)

Ti (ppm)

Cr (ppm)

Mn (ppm)

Fe (wt%)

Basalt glass
Forsterite
BG1
BG2
BG3
BG4
BG5
FO1
FO2
FO3
FO4
FO5
FO6
FO7

1.53

6.02

8.43

0.22

1.41
1.45
1.55
1.53
1.50

5.40
5.47
5.90
5.77
5.74

7.47
7.80
8.32
8.15
7.99

0.21
0.22
0.24
0.23
0.22

6.89
0.03
6.41
6.66
7.19
7.00
6.80
0.04
0.04
0.03
0.04
0.04
0.04
0.04

9455
21
10200
9340
9940
9540
10000
50
38
20
27
18
19
20

530
212
541
569
564
524
510
207
201
191
215
242
268
219

1500
1020
1380
1450
1550
1500
1470
1000
990
954
1000
995
980
1000

8.64
7.19
8.20
8.41
9.04
8.77
8.67
7.16
7.09
6.90
7.28
7.17
7.05
7.19

The San Carlos olivine used in this study has an approximate composition of Mg1.82Fe0.18SiO4 (Fo9; (Pokrovsky and Schott, 2000) and the
Stapafell basaltic glass Na0.08Ca0.263Mg0.281Fe0.188Al0.358SiO3.32 (Oelkers and Gislason, 2001).
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Table 2
Lithium elemental and isotope data for initial and reacted mineral/glass phases and experimental solutions. *Isotopic analyses performed at
the University of Bristol.
Minerals and glass

Experiment type

Basalt glass
Forsterite
BG1
BG2
BG3
BG4
BG5
FO1
FO2
FO3
FO4
FO5
FO6
FO7

N/A
N/A
Dissolution
Dissolution
Dissolution
Dissolution
Dissolution
Dissolution
Dissolution
Precipitation
Dissolution
Precipitation
Precipitation
Precipitation

Time (h)

pH

T (°C)

[Li] (ppm)

2
3–4
4
4
3
2–4
3–4
10
3
11
10
11

25
25
25
35–55
25–55
25
25
25
25–55
25
75
75

4.73
2.05
4.17
4.36
4.7
4.52
4.54
1.79
1.76
1.61
1.72
1.63
1.72
1.68

3
3
2
2
2
2
10
10
10
10
11
11
11
11
10
10
10
10
10
10
11
11
11
11
11
3
3
3
3
3
3
4
4
3
3
3

25
25
25
25
25
25
25
25
25
25
25
25
25
25
75
75
75
75
75
75
75
75
75
75
75
25
35
35
45
55
55
25
25
25
25
25

0.09
0.03
0.06
0.06
0.09
0.10
0.12
0.18
0.52
2.62
0.15
0.17
2.79
2.62
2.61
2.96
2.16
1.27
1.52
1.16
3.79
3.76
2.38
1.87
1.45
0.13
0.10
0.11
0.07
0.06
0.07
0.04
0.04
0.10
0.13
0.12

Solutions
FO2-A
FO2-B*
FO2-H
FO2-J*
FO2-K
FO2-N
FO3-A
FO3-G
FO3-L
FO3-R
FO5-A
FO5-B
FO5-G
FO5-L
FO6-A
FO6-B
FO6-G
FO6-N
FO6-O
FO6-S
FO7-A
FO7-B
FO7-H
FO7-J
FO7-N
BG5-E
BG5-G*
BG5-J
BG5-O
BG5-Q*
BG5-T
BG2-B*
BG2-E*
BG2-F
BG2-H
BG2-J

d7Li (&)

Internal error (2r)

5.82
1.57
6.13
5.93
4.96
4.76
4.81
2.03
2.08
2.05
2.10
2.68
2.80
2.32

0.31
0.12
0.11
0.14
0.16
0.13
0.16
0.16
0.15
0.17
0.15
0.13
0.15
0.15

1.44
1.70
0.51
3.20
2.70
0.70
2.03
4.41
8.46
8.21
9.41
10.61
10.13
10.69
9.49
9.25
10.74
11.04
10.79
10.66
7.26
8.68
10.82
12.2
12.19
2.99
3.3
2.43
2.47
2.4
3.46
5.0
3.5
2.5
3.4
2.85

0.53
0.26
0.21
0.25
0.24
0.18
0.11
0.10
0.15
0.12
0.24
0.09
0.06
0.09
0.17
0.09
0.07
0.09
0.10
0.10
0.20
0.11
0.07
0.07
0.09
0.11
0.11
0.06
0.08
0.14
0.18
0.14
0.43
0.19
0.23
0.16

[Li] (ppb)
Dissolution
Dissolution
Dissolution
Dissolution
Dissolution
Dissolution
Precipitation
Precipitation
Precipitation
Precipitation
Precipitation
Precipitation
Precipitation
Precipitation
Precipitation
Precipitation
Precipitation
Precipitation
Precipitation
Precipitation
Precipitation
Precipitation
Precipitation
Precipitation
Precipitation
Dissolution
Dissolution
Dissolution
Dissolution
Dissolution
Dissolution
Dissolution
Dissolution
Dissolution
Dissolution
Dissolution

6
12
47
55
66
78
15
51
122
232
11
16
87
207
16
22
64
118
173
218
10
18
64
130
178
15
25
34
49
53
62
24
59
61
64
67

and 2, respectively. Higher concentrations were obtained
during the dissolution of forsterite; ranging from 800 ppb
at pH 4 to 19,000 ppb at pH 2.
The Li isotope results are shown in Table 2 and Fig. 2.
The Li isotope ratio of unreacted basalt glass is between 5&
and 6&, while reacted glass has an almost identical d7Li
composition of between 4.8& and 6&. In comparison the
experimental solutions possess slightly lighter d7Li compo-

sitions, where solutions from BG5 and BG2 have d7Li values that range between 2.4& and 3.5&. The Li isotope
ratio of unreacted forsterite is around 1.5& while reacted
forsterite has d7Li values of 2–2.1&. Only four experimental solutions could be measured because of low Li concentrations. These solutions have d7Li values of between 0.5&
and 2.7&, similar to the composition of forsterite given the
reported uncertainties (Fig. 2).
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Table 3
Comparison of dissolution rates (at 25 °C) obtained in this study with previous work.
log r
pH

This study

Forsterite experiments
2.1
11.6
3.1
12.2
4.4
12.9
10.3
14.5
11
14.5

Pokrovsky et al. (2004)

Oelkers (2001a,b)

Rosso and Rimstidt (2000)

Wogelius and Walther (1992)

11.7
12.15
12.7–12.8
14.7
14.6

11.9

11.86
12.1
12.6

12.15
12.8
13.1

Basalt glass experiments
pH
This study
Gislason and Oelkers (2003)
2.1
11.92
11.9
3.4
13.1
13.1
4.5
14.7
14.17

Fig. 2. Lithium isotope ratios of forsterite and experimental ﬂuids during experiment FO2 (pH 2–3, 25 °C). Error bars show the external
reproducibility (2r).

The Mg isotope results are shown in Table 4 and Fig. 3.
The Mg isotope ratio of unreacted and reacted basalt glass
is around 0.3&. Unreacted forsterite has a similar Mg
isotope composition to basalt glass (d26Mg 0.26&) while
reacted forsterite has a slightly lower d26Mg value of
0.32&. In comparison, the composition of the experimental ﬂuid is always isotopically lighter than the dissolving
mineral or glass (Fig. 3). During experiments BG5 (pH 3,
25–55 °C) and FO2 (pH 2–3, 25 °C) both solutions evolve
from initial Mg isotope ratios of around 0.47& to
increasingly light d26Mg values of around 0.62& by the
end of the experiment.
3.3. Secondary phase precipitation experiments
3.3.1. Dissolution rates
The dissolution–precipitation experiments involved the
dissolution of forsterite at high pH and the precipitation
of a secondary mineral. The dissolution rate of forsterite
is far lower at pH 10–11 than at pH 2–4, consistent with
previous studies (Wogelius and Walther, 1991; Pokrovsky
and Schott, 2000). In experiment FO3 at pH 10 the system

maintains a relatively constant dissolution rate for the ﬁrst
130 h, as can be seen in Fig. 4. During this period the ﬂow
rate varied from 4 to 1 g/min. When the ﬂow rate falls
further, to 0.15 g/min, the dissolution rate also falls to
3.16  1015 mol/cm2/s (Fig. 4) indicating increased silica
consumption by secondary products with time. A similar
pattern of change is observed during experiment FO5 (pH
11), at a ﬂow rate of 3 g/min the dissolution rate remained
at a constant value of 2.82  1014 for 24 h, and after
decreasing the ﬂow rate to 0.2 g/min the dissolution rate
also fell to 3.16  1015 mol/cm2/s.
These high pH experiments were repeated at 75 °C. The
dissolution rate is higher than at 25 °C, with the experiment
at pH 10 having the higher rate of 3.98  1014 mol/cm2/s
compared to 1.41  1014 mol/cm2/s at pH 11 (electronic
annex EA-3).
3.3.2. Lithium and magnesium isotopes
During the dissolution–precipitation experiments Li isotope ratios in the solution become heavier with time, and
are always heavier than the starting olivine. For example
after the ﬁrst 15 h at pH 10 and 25 °C (FO3) the solution

Li and Mg isotope behaviour during basalt weathering
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Table 4
Magnesium isotope data for forsterite, glass and experimental solutions.
Minerals and glass
Basalt glass
Basalt glass
Forsterite 1
Forsterite 2
Forsterite 3
BG1
BG5
FO1
FO5

Exp. type

Time
(min)

Dissolution
Dissolution
Dissolution
Precipitation

pH

2
3
2–4
11

T (°C)

25
25–55
25
25

Solutions
BG5-E
BG5-J
BG5-N
BG5-T
FO2-D
FO2-F
FO2-I
FO2-M
FO3-A
FO3-G
FO3-L
FO3-R
FO5-B
FO5-E
FO5-H
FO5-L
FO6-A
FO6-F
FO6-N
FO6-R

[Mg] wt%

d26Mg (&)

Internal
Error (2r)

d25Mg (&)

Internal
error (2r)

6.02
6.02

0.30
0.31
0.24
0.26
0.26
0.35
0.31
0.34
0.31

0.02
0.03
0.03
0.02
0.02
0.03
0.03
0.02
0.02

0.15
0.16
0.12
0.15
0.13
0.18
0.16
0.19
0.15

0.02
0.02
0.02
0.02
0.02
0.02
0.02
0.02
0.02

0.51
0.51
0.58
0.62
0.44
0.45
0.54
0.62
0.54
0.50
0.39
0.34
0.65
0.43
0.27
0.23
0.30
0.22
0.21
0.21

0.04
0.07
0.06
0.06
0.05
0.04
0.05
0.03
0.09
0.04
0.05
0.03
0.04
0.04
0.03
0.03
0.02
0.02
0.02
0.02

0.24
0.25
0.29
0.31
0.21
0.24
0.27
0.31
0.27
0.25
0.20
0.17
0.33
0.21
0.15
0.14
0.17
0.13
0.12
0.12

0.02
0.04
0.04
0.03
0.03
0.03
0.03
0.02
0.05
0.03
0.03
0.02
0.03
0.03
0.02
0.02
0.02
0.02
0.02
0.02

5.40
5.74

[Mg] (ppm)
Dissolution
Dissolution
Dissolution
Dissolution
Dissolution
Dissolution
Dissolution
Dissolution
Precipitation
Precipitation
Precipitation
Precipitation
Precipitation
Precipitation
Precipitation
Precipitation
Precipitation
Precipitation
Precipitation
Precipitation

780
1950
2670
3600
1440
2160
3060
4440
900
3060
7320
13925
937
2239
6578
12364
930
3150
7085
12475

3
3
3
3
3
3
2
2
10
10
10
10
11
11
11
11
11
11
11
11

25
35
45
55
25
25
25
25
25
25
25
25
25
25
25
25
75
75
75
75

1.44
1.02
0.55
0.46
2.70
2.95
7.00
16.5
0.01
0.09
0.24
0.29
0.07
0.15
0.11
0.09
0.26
0.22
0.19
0.35

Fig. 3. Magnesium isotope ratio of experimental ﬂuids during experiment FO2 (pH 2–3, 25 °C). Error bars show the external reproducibility
(2r).

had a d7Li value of 2&, and over the next 200 h the Li isotope ratio increased to 8.4& (Fig. 5). In experiment FO5
(pH 11 and 25 °C) the d7Li value of the solution was
9.4& after 10 h of the experiment, and after 200 h the

d7Li value of the solution had risen slightly to 10.7&. Similar results were obtained at pH 11 at 75 °C as can be seen
in Fig. 6, with the d7Li value of the solution rising to a maximum of 12.2&.
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Fig. 4. Dissolution rate of forsterite during the precipitation experiment FO3 (pH 10, 25 °C).

Fig. 5. Lithium isotope composition of experimental ﬂuid during precipitation experiment FO3 (pH 10, 25 °C). Error bars show the external
reproducibility (2r).

Fig. 6. Lithium isotope ratio of experimental solutions from experiment FO7 (pH 11, 75 °C). Error bars show the external reproducibility (2r).

Li and Mg isotope behaviour during basalt weathering

In contrast to the Li isotopes, Mg isotope ratios of the
experimental solutions are initially always lighter than the
dissolving forsterite and with time the solution becomes
increasingly heavy. For example at pH 11 and 25 °C
(FO5) the d26Mg composition of the solution evolved from
0.65 to 0.23& (Fig. 7). Similarly at 75 °C the d26Mg value of the solution increased from 0.3& to 0.21&.
4. DISCUSSION
4.1. Dissolution experiments
4.1.1. Stoichiometry
The dissolution rates of basalt glass and forsterite are
calculated using Eq. (1). If the dissolution of a mineral is
stoichiometric then the elemental ratios in solution are the
same as those in the dissolving mineral. Because the dissolution of minerals and glass often involves the formation of
precursor complexes, and initially the preferential loss of
certain elements, the stoichiometry of the solution can,
therefore, be used an indicator of whether the system is at
a steady state. If dissolution is non-stoichiometric then
the system is unlikely to have reached steady state. In this
case the dissolution may involve preferential loss of one
or more elements; if this aﬀects the rate of release of Si then
the calculated dissolution rate may also be inaccurate. For
this reason assessing the stability of the experimental systems is crucial as it may have important implications for
the interpretation of the dissolution rates. During the dissolution of basalt glass in low pH solutions there is initially a
preferential loss of Al3+ into solution (Oelkers and Gislason, 2001). For this reason early experimental solutions
should have Si:Al ratios that are lower than the stoichiometric ratio of 2.77 in Stapafell glass (Oelkers and Gislason,
2001). In the case of forsterite, dissolution at low pH causes
the initial formation of a Si rich outer layer, thus Mg:Si ratios in the experimental solutions are always higher than the
stoichiometric ratio of 1.82 (Pokrovsky and Schott, 2000).
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During the basalt glass experiments the solutions never attain stoichiometric Si:Al ratios, as can be seen in Tables
EA-1 and EA-2. Initially, at 25 °C, the Si:Al ratios of the
solutions are below 2.77 and do not become stoichiometric,
suggesting that the experiments needed a longer period of
time to reach a steady state. Increasing the experimental
temperature (to a maximum of 55 °C) caused marked rises
in the Si:Al ratio resulting in close to stoichiometric dissolution at pH 4 and 35 °C and pH 3 and 45 °C. At 55 °C
the Si:Al ratio is always higher than 2.77. These high Si:Al
ratios could be caused by the precipitation of amorphous
Al(OH)3 which would remove Al but not Si, thus increasing
the Si:Al ratio. However, results of saturation state modelling suggest that amorphous Al(OH)3 was always undersaturated in the experimental solutions (Section 4.1.3).
Regardless of the cause, the Si:Al ratios show that the system did not attain a steady state and as such the higher temperature dissolution rates should be interpreted with
caution.
In contrast to the dissolution of basalt glass, the ﬂuids
produced by forsterite dissolution rapidly attain stoichiometric Mg:Si ratios at pH 2–4. Initially, the Mg:Si ratios of
the experimental solutions are slightly higher than stoichiometric, consistent with the preferential release of Mg at
low pH (Pokrovsky and Schott, 2000). However, with time
this ratio approaches 1.8 and remains at this level for the
duration of the experiment, indicating that steady state dissolution has been achieved. On average the Mg:Si ratio was
1.87 ± 0.05 (1r) over the course of the two experiments and
a combined total of 10 days sampling. This is indistinguishable from the average Mg/Si ratio of 1.84 ± 0.19 recorded
by Rosso and Rimstidt (2000) during the dissolution of forsterite at low pH.
4.1.2. Dissolution rate
The dissolution rate of basalt glass and forsterite is
dependent on temperature and solution composition (Pokrovsky and Schott, 2000; Oelkers and Gislason, 2001) with

Fig. 7. Magnesium isotope composition of the experimental ﬂuid during dissolution/precipitation experiment FO5 at pH 11 and 25 °C. Error
bars show the external reproducibility (2r).
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both increasing temperature and H+ activity causing dissolution rates to rise, at high undersaturation. Fluid composition aﬀects rates, even at high undersaturation. The H+
activity (pH) also inﬂuences aqueous Al3+ speciation which,
in turn, aﬀects the basaltic glass dissolution rate (Oelkers
and Gislason, 2001). The activity of H+ decreases faster
than the 3rd power of the proton activity when Al(OH)4
becomes the dominant Al-species. This occurs at pH greater
than about seven depending on the temperature. As a result, basaltic glass dissolution rates increase with increasing
pH at alkaline conditions. The increase in dissolution rate
with increasing temperature is consistent with the Arrhenius equation. Reactions such as the hydrolysis of silicates
increase exponentially with temperature and reaction rates
may increase by an order of magnitude by increasing experimental temperatures from 0 to 25 °C (White, 2003). The
dissolution mechanisms of both forsterite and basalt glass
involve the exchange of protons for metal cations on the
mineral surface (Pokrovsky and Schott, 2000; Oelkers and
Gislason, 2001). Consequently, the dissolution rate of these
materials is more rapid in lower pH solutions where there is
a greater concentration of protons. Correspondingly, the
composition of the reacted mineral is also more depleted
in the low pH experiments; for example at pH 2 the basalt
glass lost 12% of its lithium into solution while at pH 4
the basalt glass lost less than 1%.
Dissolution rates obtained in this study compare very
well with previously published data. Despite the dissolution
of basalt glass being non-stoichiometric the dissolution
rates at pH 2–4 are similar to those obtained by Gislason
and Oelkers (2003) as shown in Table 2. This suggests that
although steady state dissolution may not have been attained the rate of release of Si has not been signiﬁcantly affected. The dissolution of forsterite is stoichiometric and
correspondingly the dissolution rates of forsterite at pH
2–4 closely match those recorded by Pokrovsky and Schott
(2000). While dissolution rates are very similar to those
published using stir speeds of 350 rpm, by increasing this
rate to over 500 rpm at pH 2 the dissolution rate of both
basalt glass and forsterite increases. This eﬀect has been observed before during the dissolution of basalt glass (Gislason and Oelkers, 2003), and attributed to relatively slow
diﬀusional transport of metal ions away from the crystal
surface, which limits the dissolution rate at low pH (Gislason and Oelkers, 2003). The increase in stir speed to
>500 rpm during the dissolution of forsterite (experiment
FO2) caused an increase in the dissolution rate from
2.2  1012 mol/cm2/s to around 6  1012 mol/cm2/s.
Published dissolution rates for forsterite in pH 2 solutions
range from 7  1013 to 2  1012 mol/cm2/s (Wogelius
and Walther, 1991; Pokrovsky and Schott, 2000; Rosso
and Rimstidt, 2000). Thus the dissolution rate has increased
by nearly three times over that at stir speeds of 350 rpm and
by up to one order of magnitude over rates reported previously. These results imply that the dissolution of forsterite
is surface reaction controlled, and that stir speeds of
350 rpm are not suﬃcient to move metal ions away from
the dissolving forsterite surface and as a consequence dissolution becomes diﬀusion limited. While determination of
the dissolution rate is not the focus of the current investiga-

tion it can be concluded that previous estimates for the dissolution rate of forsterite at low pH and particularly at pH
2 are too low. On this basis it seems likely that the dissolution rate obtained here more accurately reﬂects that at low
pH, and any further studies should take such diﬀusion processes into account and use a stir speed of at least 500 rpm.
4.1.3. Mineral saturation states
The fact that the dissolution rates in the present study are
so similar to those previously determined suggests that the
experimental systems were indeed at far from equilibrium
conditions as intended. This can be conﬁrmed by modelling
the saturation states of primary and secondary minerals in
solution using PHREEQC (Parkhurst and Appelo, 1999).
This program can calculate the mineral saturation indices
of primary and secondary minerals in solution based on element concentrations, temperature and pH. The saturation
index is a logarithmic scale indicator of mineral stability: if
it is 0 then the mineral is said to be at equilibrium and should
be stable in solution. If the SI is >0 then the mineral is said to
be supersaturated and may precipitate, and as the SI increases the mineral in question is increasingly likely to precipitate. Minerals and glasses will only precipitate at magmatic
temperatures (T >> 1000 °C). If the SI is below zero then the
mineral is undersaturated, it is unstable in solution and any
mineral present will have a tendency to dissolve.
The predictions of mineral stability obtained from
PHREEQC are not deﬁnitive but they do provide a useful
means of estimating mineral stability within the reactors.
Equilibrium constants for each mineral were taken from
the Wateq4f database (Ball and Nordstrom, 1991) within
PHREEQC, data for hydrated basalt glass were taken from
Oelkers and Gislason (2001), using a log equilibrium constant of 0.079 at 25 °C for the following hydrolysis reaction:
SiAl0:36 O2 ðOHÞ1:08 þ 1:08Hþ ! SiO2 þ 0:36Al3þ þ 1:08H2 O
ð2Þ
The secondary phases that are most likely to form in the
reactors are amorphous iron and aluminium hydroxides
and/or cryptocrystalline goethite and gibbsite (Gislason
and Oelkers, 2003). The results of saturation state modelling show that during the dissolution of basalt glass and
forsterite all of these minerals, as well as hydrated basalt
glass, kaolinite and illite, are undersaturated and that the
degree of undersaturation increases at lower pH. From
these results, taken together with solution stoichiometry
and dissolution rate data, it is reasonable to assume that
the dissolution experiments are all far from equilibrium
and that no signiﬁcant secondary mineral formation has
occurred.
4.1.4. Lithium isotope behaviour
As a consequence of the low concentration of Li in the
experimental solutions isotope analysis was extremely diﬃcult, and no repeat measurements could be made. The Li isotope composition (d7Li) of the basalt glass is 5.8&, while
the composition of reacted basalt glass ranges from 4.8&
to 6& (Table 2). These values are all within, or close to, the
range of Li compositions considered typical for mid ocean
ridge basalts (MORB) (Elliott et al., 2006; Tomascak et al.,
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2008). The d7Li composition for reacted and unreacted forsterite is 2& (Table 2, Fig. 2), similar to the values obtained
by Seitz et al. (2004) for San Carlos olivine. In general, the
d7Li value of the experimental solutions, at low pH, are similar to those of the unreacted starting mineral or glass. The
maximum diﬀerence in Li isotope composition between
reacting solid and the ﬂuid phase was 3&. This may be
caused by compositional heterogeneities in the reacting mineral, the removal or leaching of a surface layer, and/or trace
amounts of secondary mineral formation. In the context of
the range of Li isotope compositions observed in nature
[the recorded range of riverine Li is between 6 and 40&
(Huh et al., 1998; Pogge von Strandmann et al., 2006)], the
small variations in isotope composition observed in these
experiments suggest that there is minimal fractionation between mineral and solution at far from equilibrium conditions, consistent with the results of basalt leaching
experiments (Pistiner and Henderson, 2003).
4.1.5. Magnesium isotope behaviour
Previously published data indicate a wide range of magnesium isotope compositions for forsterite, even from the
same locality. Values of d26Mg for the San Carlos olivine
range from 0.73& (Teng et al., 2007), to 0.06& (Wiechert and Halliday, 2007). This range of 0.7& is signiﬁcant,
given that the range of Mg isotope ratios for silicate rocks is
between 0& and 1& (Young and Galy, 2004; Tipper
et al., 2006a). It has been proposed that these diﬀerences reﬂect heterogeneity of the San Carlos olivine (Pearson et al.,
2006) or variations caused by weathering or metasomatic
aﬀects (Teng et al., 2007). However, analytical artefacts
associated with the chemical separation of Mg or analytical
procedures may also be an issue. The Mg isotope composition of San Carlos forsterite measured in this study, shown
in Fig. 3 and Table 4, falls within the reported range with a
d26Mg value of 0.26&, similar to the value obtained recently using a standard addition technique (Tipper et al.,
2008). The isotope compositions of the reacted forsterite
are similar to that of the unaltered starting material
(d26Mg = 0.31 and 0.34&). Although the Mg isotope
ratios are slightly lighter, they are within the analytical
uncertainty of the value obtained for unaltered forsterite.
Basalt has also been widely analysed for Mg isotopes;
for example the d26Mg composition of SUNY MORB
ranges between 0.28 and 0.32& (Teng et al., 2007; Richter et al., 2008) while the composition of BCR-1 ranges
from 0.37 (Young and Galy, 2004) to 0.09& (Wiechert
and Halliday, 2007). The Stapafell basaltic glass, analysed
here, has a very similar Mg composition to these basalts
with a d26Mg of 0.3& (Table 4). The composition of
the reacted basalt glass is very similar, suggesting that the
sample is homogeneous and that there has been no measurable fractionation during dissolution.
Relative to the reacting basalt glass or forsterite the experimental ﬂuid always has a light d26Mg isotope composition as
shown in Fig. 3 and Table 4. Furthermore, the Mg isotope ratio of that ﬂuid always becomes lighter with time. For the Mg
isotope ratio of the ﬂuid and reacting mineral/glass to be different there either needs to be fractionation during the dissolution process (i.e. one isotope is preferentially lost into
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solution) or preferential incorporation of one isotope during
secondary mineral formation. Weathering studies have
shown that heavy Mg is preferentially retained in silicate
soils, speciﬁcally attributed to incorporation into smectite
(Tipper et al., 2006a). However, saturation state modelling
and solution stoichiometry suggest that there has been little
or no formation of secondary minerals. For example, during
the dissolution of forsterite the Mg:Si ratio is always stoichiometric. If secondary silicate mineral formation had occurred it might be expected that Si would be removed from
solution, causing the Mg:Si ratio to change. Similarly if iron
oxides had formed the Mg:Fe ratio of the solution would
change, whereas it is always 10.5 implying that there has
been no iron mineral precipitation.
If secondary minerals have not formed then the alternative is that there has been preferential loss of light Mg during the dissolution of basalt glass and forsterite. A similar
process is thought to operate for Si isotopes during the dissolution of basalt glass (Ziegler et al., 2005); experimental
data indicate that the ﬂuid phase is initially enriched in
the light isotope of Si (28Si) possibly because of a higher
abundance of 28Si on mineral surfaces. Mass balance then
requires that at some point during dissolution heavy Si
(or in the present study, heavy Mg) must be preferentially
released into solution so that the ﬁnal composition of the
solution matches that of the dissolving mineral or glass. If
this process were shown to operate then this would have
signiﬁcant implications for our interpretation of the behaviour of Mg in natural systems.
4.2. Dissolution/precipitation experiments at high pH
4.2.1. Stoichiometry
Unlike the forsterite dissolution experiments where stoichiometric dissolution was rapidly attained, the composition
of the ﬂuid from the dissolution–precipitation experiments
indicates that stoichiometric dissolution did not occur. This
is illustrated in Fig. 8a where the Mg:Si ratio for FO3 at
pH 10 is shown against time. Initially the ratio is always lower than 1.8 because in high pH solutions the dissolution
mechanism involves the formation of a Mg rich layer at the
forsterite surface, resulting in a low Mg concentration in
the aqueous solution (Pokrovsky and Schott, 2000). With
time the Si and Mg concentrations in solution increase as
the ﬂow rates are decreased, this is accompanied by an increase in the Mg:Si ratio as shown in Fig. 8a and Table
EA-3. This change in the solution chemistry indicates that
the system is moving towards a steady state. However when
the ﬂow rate of the solution is reduced further, to 0.15 g/min
there is a change in the trend. Instead of a continuing Mg:Si
ratio increase towards 1.8, the ratio drops, as does the concentration of Mg and Si. This suggests that some process is
removing both Mg and Si from solution, and the most likely
explanation is that secondary minerals are forming. Because
both Mg and Si are removed from solution it is likely that any
secondary phase is a magnesium silicate. Moreover, because
the Mg:Si ratio is decreasing in the solution the stoichiometric ratio of Mg:Si in the new mineral must be >1. In this case
the most likely mineral to have formed is chrysotile, which
has the formula Mg3(Si2O5)(OH)4.
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Fig. 8. Mg:Si ratios of experimental solutions from (a) experiment FO3 at pH 10, and 25 °C and (b) experiment FO5 at pH 11. Both
experiments were conducted at 25 °C.

If the solutions in Fig. 8, from the pH 10 and 11 forsterite experiments, are compared it is clear that those at pH
10 have Mg:Si ratios that are closer to the stoichimetric ratio than those from the pH 11 experiments. At pH 10 Mg:Si
ratios are 1.5 and at pH 11 Mg:Si ratios are 1.1. That
stoichiometric dissolution is not attained could be due to
the lower dissolution rate at high pH (Wogelius and Walther, 1991; Pokrovsky and Schott, 2000). High pH experiments involving the dissolution of forsterite are known to
take at least 200–300 h to reach a steady state (Pokrovsky
and Schott, 2000). Nevertheless, even though all high pH
experiments in this study were run for a minimum of
200 h the solutions did not approach stoichiometric Mg:Si
ratios, rather it seems likely that secondary mineral formation has altered the solution composition in all experiments.
4.2.2. Mineral saturation states
Evidence from solution stoichiometry and concentration
data suggests that secondary mineral formation has oc-

curred during these experiments, and saturation state modelling can help to conﬁrm this. High pH solutions promote
the formation of secondary minerals because the concentration of protons in solution is much lower. The relatively
simple composition of forsterite means that only a limited
number of secondary minerals that can form. Because forsterite contains little Al the formation of clays cannot occur, and although Fe is present, even in the forsterite rich
olivine, the concentrations in the aqueous solution are below the detection limits of ICP-AES so it can be assumed
that the formation of Fe-oxyhydroxides is also not signiﬁcant. Carbonate precipitation is more likely because CO2
solubility is high at high pH and carbonate CO32 is the
main carbon species at pH >10.3 [e.g. (Appelo and Postma,
2005)]. However the input solution was encased in a mantle
of nitrogen gas, making the formation of carbonates unlikely. Taken together with evidence given in Section 4.2.1,
these observations suggest that the most likely minerals to
form are Mg-silicates such as chrysotile. Saturation state
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modelling of the experimental solutions show that at pH 10
and 11 and 25 °C the solutions were supersaturated with respect to both chrysotile and talc, so in theory one or both of
these minerals could have precipitated, as is illustrated in
Fig. 9.
At higher temperature (75 °C) the solutions are slightly
less saturated with respect to secondary minerals. This is
because at higher temperature the pH of a solution will
change, for example, a solution that has a pH of 10 at
25 °C will have an in situ pH of 9 at 75 °C. This is because
of the temperature dependence of the dissociation constants
of the weak acids in solution. As has already been outlined
the stability of silicate minerals is highly dependent on the
pH of the solution. The stability of magnesium silicate minerals increases as the pH of the solution rises and vice versa.
Nevertheless, all solutions at 75 °C are oversaturated with
respect to chrysotile and many are oversaturated with respect to talc.
At higher saturation states there is an increasing likelihood that secondary minerals will form, but the rate of forsterite dissolution is also aﬀected. Although forsterite is
undersaturated in all experiments the solutions are far closer to equilibrium at high pH as shown in Fig. 9. The saturation index (SI) for forsterite was around -30 at pH 2 to 4
(FO2). In comparison at pH 11 (experiment FO7), the saturation index of forsterite was around -2. When a mineral
approaches equilibrium the dissolution rate no longer simply reﬂects forward dissolution but is also inﬂuenced by the
reverse reaction (Gislason and Oelkers, 2003) in which case
the rate of dissolution may decrease. This inhibition of the
dissolution rate can be quantiﬁed by calculating the Gibbs
free energy of the reaction (DGr):
DGr ¼

R  T  2:303  SI
1000

ð3Þ
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where R is the gas constant, T is the temperature in K and
2.303 is the natural log–decimal log conversion factor .
A dissolution reaction will become dependent on the saturation state of the reactants at DGr values of 0 to 10 kJ/
mol for basalt glass and DGr values of 0 to 20 kJ/mol for
forsterite (Flaathen and Gislason, 2007). The braking eﬀect
of saturation state on the dissolution rate can be quantiﬁed
using the following simpliﬁed equation to calculate the
aﬃnity term:
DGr

Affinity term ¼ ð1  exp½rRT  Þ

ð4Þ

where DGr is the Gibbs free energy of reaction, R is the gas
constant and T is the temperature (K).
r is Temkins stoichiometric constant and is the ratio of
the mineral stoichiometry and the stoichiometry of the activated complex (Oelkers, 2001b). For basalt glass this value
is 1, for forsterite this value is 2.
Eq. (4) applies to multi-oxides where the chemical formula has been normalised to the formation of one rate-controlling precursor complex (Oelkers, 2001b). In experiment
FO3 (pH 10, 25 °C) the DGr of forsterite changes from
around 50 to 15 kJ/mol. The increasing solution concentrations cause the dissolution of forsterite to change
from being saturation state independent to saturation state
dependent, resulting in a slowdown of the dissolution rate
by 5%. In experiment FO5 (pH 11, 25 °C) forsterite is
more stable because the pH is higher, and the dissolution
of forsterite is slowed by between 3% and 13%.
At 75 °C the equilibrium constant (Keq) for forsterite
changes as shown below in Eq. (5):


aMg2þ
þ log aH2 SiO4 ¼ 28:29 at 25  C
K forsterite ¼ 2 log
a2Hþ
¼ 23:19 at 75  C

ð5Þ

Fig. 9. A magnesium silicate stability diagram showing the saturation state of experimental solutions from experiment FO2 (pH 2–3, 25 °C)
and experiment FO3 (pH 10, 25 °C). At pH2 the experimental solutions are far from equilibrium with respect to Mg-silicates. In contrast at
pH 10 the experimental solutions are oversaturated with respect to chrysotile and talc. The equilibrium constants are from the Wateq4f
database (Ball and Nordstrom, 1991).
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Because the equilibrium constant changes, a solution
with a given activity of Mg2+ and pH will be closer to equilibrium at 75 °C than at 25 °C. However because pH decreases at higher temperatures the result is that the
dissolution rate of forsterite falls by between 5% and
22%, comparable with the eﬀect of saturation state at 25 °C.
In summary, the evidence from elemental ratios and
mineral saturation states suggests that secondary mineral
formation has occurred. Relatively high saturation indices
for forsterite suggest that the dissolution rate has been
inhibited. Taken together this suggests that calculated dissolution rates at high pH must be lower than those obtained
at far from equilibrium conditions.
4.2.3. Dissolution rates
As outlined in Section 4.2.2, the dissolution rates calculated from dissolved Si concentrations, at a slow ﬂow rate
and high pH, cannot be regarded as representative of those
of far from equilibrium dissolution. The removal of Si from
solution by secondary minerals and the inhibiting eﬀect of
the high forsterite saturation (Eq. (4)) results in dissolution
rates that are lower than those at far from equilibrium conditions. Nevertheless, the dissolution rate data can provide
useful information. For the forsterite experiments performed at pH 10 and 11, FO3 and FO5, the apparent dissolution rate changed as the ﬂow rate decreased. For
example, in FO3 the dissolution rate was a relatively constant 1.3  1014 mol/cm2/s over the ﬁrst 130 h when the
ﬂow rate was always >1 (Fig. 4). Only at a ﬂow rate of
0.15 g/min do both Mg and Si start to be removed from
solution and the apparent dissolution rate falls to
3.2  1015 mol/cm2/s. The decrease in ﬂow rate causes
an initial build up of concentration in solution, and increasing saturation states. Thus, the decreasing Mg and Si concentrations coincide with an increasing likelihood of
secondary mineral formation and resulting values of r cannot be considered as reliable. For this reason the value of r
over the ﬁrst 130 h is the most accurate estimate of the dis-

solution rate. While stoichiometric dissolution may not
have been attained during this period the dissolution rate
is relatively stable, and it is unlikely that there would have
been a signiﬁcant change in r with time. Similarly, at pH 11
the apparent dissolution rate is heavily dependent on the
ﬂow rate. A reduction in the ﬂow rate from 3 to 0.2 g/
min results in a decline in the dissolution rate of forsterite
to 3.2  1015 mol/cm2/s (Table EA-3), similar to that
seen at pH 10 and comparable to the dissolution rates obtained by Pokrovsky and Schott (2000) (Fig. 10). While
changes in the dissolution rate could be caused by the system establishing equilibrium, the Mg:Si ratios would be expected to become stoichiometric when in fact they become
less so. Again it is likely that the decrease in dissolution rate
is associated with secondary mineral formation.
The results suggest that forsterite dissolution in pH 10–11
solutions is faster than the value of 3.2  1015 mol/cm2/s reported in Pokrovsky and Schott (2000), in addition the dissolution rate of forsterite at pH 11 may be faster than it is at pH
10, consistent with the data of Wogelius and Walther (1991).
However, deﬁnitive conclusions cannot be drawn because
the aim of the dissolution–precipitation experiments here
was not to calculate far from equilibrium dissolution rates,
and while the dissolution rates are faster at higher ﬂow rates
(1–4 g/min) steady state dissolution was not achieved. In order to conﬁrm how the dissolution rate of forsterite behaves
in high pH solutions further experiments are needed at high
ﬂow rates and for a longer duration (i.e. a minimum of
200 h).
4.2.4. Secondary phase identiﬁcation
The combined evidence from solution chemistry, saturation state modelling and dissolution rates suggest that dissolution of forsterite at conditions close to equilibrium
resulted in the formation of secondary minerals. Because
Li and Mg isotopes are sensitive to secondary mineral formation it is important to be able to unambiguously conﬁrm
whether secondary mineral formation has occurred or not,

Fig. 10. Comparison of forsterite dissolution rates obtained in this study (at 25 °C, and a constant stir speed) with those published by
Pokrovsky and Schott (2000).
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and if possible to identify the secondary phase. A preliminary SEM investigation of the solid phases from FO3, FO6
and FO7 was unable to ﬁnd any evidence of secondary mineral formation, probably because the mass of secondary
mineral formed was very low. However these reacted phases
were also analysed by XRD, the results of which conﬁrm
the results of saturation state modelling that chrysotile is
present, and is the principal secondary phase produced in
these experiments. While saturation state modelling also
suggested that talc and brucite could have formed, the
XRD analyses cannot conﬁrm the presence of these phases
in any of the experiments.
4.2.5. Lithium isotope behaviour
During the dissolution–precipitation experiments the Li
isotope composition of the solutions became increasingly
heavy as shown in Figs. 5 and 6. This behaviour contrasts
with that of the dissolution experiments (Fig. 2 and Table
2) where the Li isotope compositions of the solutions remained relatively constant and similar to that of the dissolving forsterite (d7Li  2&). That the solutions are
isotopically heavy suggests that 7Li is preferentially lost into
solution, consistent with previous work on weathering in
natural waters (Chan et al., 1992; Huh et al., 1998; Seyfried
et al., 1998; Pistiner and Henderson, 2003; Kisakurek et al.,
2005). The simplest way to enrich the ﬂuid phase in 7Li is by
incongruent loss of Li isotopes during mineral dissolution.
However this hypothesis can be discounted for two reasons;
(a) the isotopic composition of the ﬂuid in the dissolution
experiments is similar to the composition of the dissolving
mineral, and (b) the mineral phase at the end of the experiments has a d7Li composition that is indistinguishable
from that of an unaltered sample (Table 2).
Instead, the weight of evidence from analyses of the
experimental solutions and from XRD analyses of the reacted phases suggests that secondary mineral formation
has occurred with the principal secondary phase being
chrysotile. The light 6Li isotope has been preferentially re-
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moved from solution and incorporated into chrysotile during its formation, enriching the residual ﬂuid in the heavy
7
Li isotope. This behaviour is consistent with both experimental and natural studies of Li isotopes and is supported
by the positive relationship between chrysotile saturation
state and the d7Li isotope composition of the ﬂuid
(Fig. 11). While XRD could identify the presence of chrysotile, it could not be found during SEM analysis probably
because the mass of chrysotile that has precipitated is likely
to be very low. In this regard, the change in solution chemistry during experiment FO3 can be used to predict just how
much chrysotile may have formed by using the change in
dissolution rate (Fig. 4) to quantify the amount of Si removed from solution. For this experiment the amount of
Si that has been removed is 0.14 mg which equates to
0.7 mg of chrysotile which is just 0.007% of the total
mass of forsterite in the reactor (10 g), and would be diﬃcult to ﬁnd. This observation highlights the sensitivity of
the Li isotope composition in aquatic solutions to even
the smallest amount of secondary mineral formation.
4.2.6. Magnesium isotope behaviour
At far from equilibrium conditions, the dissolution of
forsterite results in the experimental solution having a light
d26Mg isotope composition relative to unaltered forsterite.
During the dissolution–precipitation experiments the solution initially shifts to light d26Mg isotope compositions.
However as the experiments proceed and the solutions become more saturated with respect to secondary minerals
the d26Mg composition of the solution becomes heavier
and continues to do so until the end of the experiment.
The combined evidence presented in Section 4.2 suggests
that chrysotile is the principal secondary phase formed during the precipitation experiments. Previous investigations
suggest the isotopic behaviour of magnesium is mineral speciﬁc and diﬀers between carbonates and silicates (Galy
et al., 2002; Tipper et al., 2006a). If the assumption that
magnesium silicates have formed is correct then the results

Fig. 11. A graph showing the d7Li (&) values of solutions from the precipitation experiments plotted vs the saturation state of chrysotile.
Error bars show the external reproducibility (2r).
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Fig. 12. A diagram showing the theoretical evolution of the magnesium isotopic composition of the dissolved phase during the dissolution of
a mineral grain at far from equilibrium. The ﬂuid develops light Mg isotope ratios relative to the dissolving forsterite as it begins to dissolve, as
inferred from results of the dissolution experiments (1). As the mineral continues to dissolve mass balance requires the solution to become
isotopically heavier (2) and eventually as the entire mineral dissolves the composition of the ﬂuid will match that of the dissolving mineral (3).

of this study suggest that phases such as chrysotile preferentially incorporate the light isotopes of magnesium during
their formation leaving a solution with a relatively heavy
Mg isotope composition.
One alternative that might explain the behaviour of Mg
in supersaturated solutions is linked to the process of dissolution. During straightforward dissolution of forsterite the
solution became isotopically light, but mass balance dictates that this cannot continue indeﬁnitely. If a mineral is
to dissolve totally then the solution must have the same isotopic composition as the dissolving mineral. Therefore if
forsterite dissolution initially involves the preferential loss
of light magnesium in solution then at some point during
the dissolution process there must be loss of heavy magnesium (Fig. 12). While this, in theory, could explain the results of the dissolution–precipitation experiments it
should be remembered that despite the high pH experiments running for longer, the dissolution rate at pH 10
and 11 is around two orders of magnitude slower than at
pH 2–4. For this reason the total amount of forsterite dissolved at high pH should be lower than in the dissolution
experiments at low pH. Because the ﬂuid composition in
the dissolution experiments did not become isotopically
heavy at any stage (e.g. Fig. 3) it is unreasonable to suggest
that a mass balance eﬀect is only occurring in the precipitation experiments. Therefore, the overwhelming evidence
suggests that the shift to heavier Mg isotopes in the experimental ﬂuid is a result of secondary mineral formation.
If these results are applied to the oceanic Mg budget then
the relatively heavy Mg isotope ratio in seawater could result
from Mg uptake into silicate minerals during weathering.
Magnesium is removed from seawater when hydrothermal
ﬂuid interacts with the crust, forming smectites and at higher
temperatures chlorite (German and Von Damm, 2003). The
oﬀ axis removal of Mg at ridge ﬂanks can potentially account for a signiﬁcant proportion of the Mg input from rivers (Elderﬁeld and Schultz, 1996). While it is currently

unclear whether the oceans are at a steady state with respect
to Mg (Holland, 2005) our results suggest that the uptake of
Mg into secondary silicates should be considered as a possible control over the d26Mg value of seawater.
5. CONCLUSIONS
The results of these laboratory experiments have implications for the interpretation of Li and Mg isotope data
in natural waters. We have demonstrated that forsterite dissolves congruently with respect to Li isotopes, and we have
conﬁrmed that this is also true for dissolution of basalt
glass. However, our experimental data show that Li isotopes are fractionated during the formation of chrysotile,
with preferential uptake of 7Li into this secondary mineral
phase. This is consistent with ﬁeld studies of river waters,
which demonstrate that the Li isotopic composition of the
suspended and bed sediments is always isotopically lighter
than that of the corresponding dissolved phase.
Our results for Mg indicate that the behaviour of Mg
isotopes during weathering is more complicated. During
dissolution of forsterite, the light isotope of Mg is preferentially incorporated into the dissolved phase. Precipitation of
chrysotile preferentially removes light Mg from solution, so
the dissolved phase becomes increasingly enriched in heavy
Mg over time. Other studies have shown that precipitation
of carbonates also preferentially removes light Mg from
solution, whereas the formation of clay minerals in silicate
soils appears to preferentially incorporate heavy Mg isotopes in preference to the lighter isotopes. Removal of isotopically light Mg from solution during secondary mineral
formation could help to explain why the Mg isotope ratio
of seawater is heavier than that of the average riverine
Mg ﬂux. Nevertheless, our data indicate that the interpretation of Mg isotope variations in natural systems is challenging, and further studies of the behaviour of Mg isotopes
during weathering of diﬀerent mineral phases in both the
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laboratory and the ﬁeld are required to better understand
and quantify the behaviour of the Mg isotope system.
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